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When water infiltrates into the pores of a rock near the Earth’s surface, water 
contacts mineral surfaces, interacts with the mineral (e.g., the dissolution and 
precipitation of minerals and the adsorption-desorption of dissolved solutes), and 
transports reactants by flow. To quantify such water-rock interaction, it is essential to 
evaluate the parameters characterizing the reaction and transport properties of the rock. 
Rock pores above the water table are usually not saturated with water. Water saturation 
changes depending on the conditions of drying and wetting, resulting in the complex 
distributions of water and air in pore spaces. Air in pores may disturb water flow and 
reduce the surface area available for reactions by limiting the contact between the 
mineral surfaces and water. In view of these points, I have investigated the effect of 
water saturation on (1) the distribution of water and air, (2) the hydraulic conductivity (a 
parameter describing the velocity of fluid flow percolating the rock), and (3) the 
reactive (mineral-water contact) surface area. 
First, the distributions of water and air in pores as a function of pore size during 
drying−infiltration processes were characterized by the water-expulsion porosimetry, 
and the results were used to discuss the mechanisms of the decrease of hydraulic 
conductivity with water saturation. A core of Fontainebleau sandstone, having an open 
porosity of 6.3% and pore diameters of 2–43 µm, consisting of ~100% quartz, was used. 
Evaluation of the size distribution of pore water under various degrees of drying 
revealed that the volume of pore water decreased successively from larger pores to 
smaller ones as drying proceeded, which reflected the migration of water driven by 
capillary pressure differences in each pore size class. In the case of infiltration, water 
was passed through the sample preliminarily adjusted to various degrees of drying, and 
the size distribution of pore water and hydraulic conductivity were measured. The 
results showed that air was preferentially entrapped in the pores of specific size, which 
seemed to be the reason of the significant decrease of hydraulic conductivity with 
decreasing water saturation. 
Secondly, to investigate the relationship between the reactive surface area and 
water saturation, flow-through dissolution experiments were performed using the core 
of Fontainebleau sandstone at various water saturations. The water saturation of the core 
was adjusted to 0, 51, or 100% by drying, and at each saturation, water was infiltrated 
into the core at a constant pressure. The experimental results showed that the total 
amount of dissolved Si did not change with decreasing water saturation. It can be 
therefore concluded that virtually all of the mineral surfaces in air-containing pores 
were wetted with water film and allowed the progression of dissolution; i.e., the reactive 
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surface area was not affected by water saturation despite the presence of air in the pores. 
The results also suggested that the flushing rate of dissolved Si from the interior of the 
water film to the exterior was fast enough to keep the Si concentration in the film 
sufficiently lower than the equilibrium concentration of quartz. 
Thirdly, to theoretically underpin the results of flow-through dissolution 
experiment and to discuss a general concept of the relationship between water saturation 
and reactive surface area, two models, one is a model for estimating the thickness of 
water film on pore walls, and the other is a reactive-transport model describing the 
dissolution and diffusion in water film, were constructed. The first model shows that the 
water film thickness changes depending on the pore diameter in which air is present, 
mineral type, and pore solution compositions. Especially for the system in which quartz 
grains contact dilute pore solution, the thickness of water film is mainly controlled by 
pore diameter: the larger the size of pores, the thicker the water film. In the case of the 
Fontainebleau sandstone, film thicknesses of 7–18 nm were estimated. The 
reactive-transport model shows that the solute concentration in water film is a function 
of the film thickness, diffusion length (~grain size), dissolution rate of the mineral, 
equilibrium concentration, and roughness factor. The reactive-transport calculation 
confirmed that the total amount of dissolution of the sandstone sample was almost 
unaffected by water saturation owing to the high flushing efficiency of dissolved Si in 
water film, which agrees with the experimental result. Finally, the models were applied 
to various sedimentary rocks differing in mineral compositions, grain sizes, and pore 
diameters, and a diagram to assess whether the reactive surface area and the dissolution 
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Advances in the understanding of water-rock interaction near the Earth’s surface 
are important for considering natural and engineering processes including groundwater 
chemistry, contaminant transport, geological sequence of carbon dioxide, and 
weathering of rocks. Water-rock interaction progresses by the combination of 
geochemical reactions (dissolution and precipitation of minerals, adsorption–desorption 
of dissolved matters, and ion exchange) and the transport of solutes by flow and 
diffusion in pore water (Fig. 1.1). As an example of water-rock interaction, when 
rock-forming minerals dissolve and dissolved solutes are flushed by water flow (the 
case of chemical weathering), the concentration of a component c  (mol m−3) along 





























where t  (s) is the time, v  (m s−1) is the flow velocity in pore water, A  (m2 m−3) is 
the mineral-water reactive surface area of the rock, φ  is the porosity of the rock, constr  
(mol m−2 s−1) is the dissolution rate constant, and eqc  (mol m
−3) is the equilibrium 
concentration. Such reactive-transport modeling allows the rate and extent of the 
water-rock interaction to be evaluated. Therefore, the understanding of each parameter 
characterizing the reaction and transport properties of the rock is an essential first step 
toward quantitatively understanding the whole picture of the water-rock interaction. 
The rock pores below the water table are usually saturated with water, and thereby 
all mineral surfaces are available for reactions and solutes migrate throughout the pores. 
In contrast, rocks above the water table undergo drying and infiltration, and the pores 
are not saturated with water. This region, known as the vadose zone or the unsaturated 
zone, ranges in depth from a few meters to hundreds of meters from the ground surfaces 
(Zimmerman and Bodvarsson, 1989). When water is supplied to a completely or 
partially dried rock, water displaces air in pores and starts to flow through the pores. 
However, some of air is confined by pore water and remains in pore spaces as entrapped 
air (Faybishenko, 1995). In such process, it is known that more air is trapped in drier 
rock (e.g., Land, 1968; Suzanne et al., 2003). Consequently, water saturation (volume of 
pore water/volume of open pores) changes depending on the condition of drying and 
wetting. Because the change in water saturation potentially affects some parameters in 
the reactive-transport model, evaluation of the influences is essential for quantitative 
treatment of water-rock interaction in the vadose zone. The rate constants and 




equilibrium constants of various reactions generally depend on the type of mineral and 
the composition of pore solution, and they will not vary with water saturation. In 
contrast, the transport properties and the reactive surface area are likely to be affected 
by water saturation. 
The occurrence of air entrapment can reduce the volume of pores available for 
water flow and make the flow paths more tortuous. This suggests that hydraulic 
conductivity, a parameter characterizing flow velocity ( v  in Eq. (1.1)) at a given 
hydraulic gradient, is affected by the changes in water saturation. In fact, the effect of 
water saturation on the hydraulic conductivity has been relatively well studied for soils 
(e.g., Gupta and Swartzendruber, 1964; Lenhard and Parker, 1987; Sakaguchi et al., 
2005). As to rocks, there have been many efforts to study the hydraulic conductivity 
under water-saturated condition (e.g., Walsh and Brace, 1984; Katz and Thompson, 
1986; Yokoyama and Takeuchi, 2009; Bernabé et al., 2010), while there have been few 
studies focusing on porous rocks in the vadose zone where water and air coexist in 
pores at low hydraulic gradient. Moreover, how pore water and entrapped air are 
distributed in each pore size class remains poorly understood (Parker and Lenhard, 
1987; Fugerlund et al., 2008). Because the size of flow path is a critical factor 
controlling the hydraulic conductivity, to know the size distributions of pore water and 
air is important for considering how the occurrence of air entrapment affects the 
hydraulic conductivity. 
The decreases in water saturation also have the potential to reduce the surface area 
available for geochemical reactions ( A  in Eq. (1.1)) because air may limit the degree 
of contact between mineral surfaces and water. The reactive surface area, an essential 
parameter for quantifying various reactions, has often been estimated by geometric 
calculation or Brunauer−Emmet−Teller (BET) method (e.g., White and Peterson, 1990; 
Gautier et al., 2001; White and Brantley, 2003). The geometric calculation yields the 
surface area by assuming that the mineral grains or pores have smooth surfaces and 
uniform geometry (e.g., sphere). The BET method determines the surface area by 
measuring the volume of adsorbed inert gas such as N2 and Kr on mineral surfaces. 
Although the values obtained by these approaches are likely to be reasonable 
estimations of the reactive surface areas for water-saturated rocks, they may not be 
appropriate for unsaturated rocks because the effect of water saturation on the reactive 
surface area must be taken into account. To address this issue, Saripalli (2008) has 
developed a theoretical model describing the reactive surface area of unsaturated porous 
media. In this model, the reactive surface area decreases with decreasing water 
saturation because only the surfaces of water-filled pores are assumed to react. In 




contrast, previous experiments using mineral plates have shown that the surfaces of 
minerals exposed to air are covered with adsorbed water, although water film have a 
variety of thicknesses depending on relative humidity and the type of mineral: quartz 
(Pashley and Kitchener, 1979; Gee et al., 1999), glass (Busscher et al., 1986), calcite 
(Bohr et al., 2010), and muscovite (Beaglehole and Christenson, 1992; Balmer et al., 
2008). Moreover, observations of the surfaces of calcite in contact with air have shown 
the occurrences of dissolution and growth, which is interpreted as a reaction induced by 
a water film adsorbed on the surfaces (e.g., Stipp et al., 1996; Hausner et al., 2007). If 
such water film is present in the rock pores having complicated pore structure, the 
surfaces of pores occupied by air may be available for reactions. Therefore, to 
understand how the geochemical reaction is affected by water saturation, it is necessary 
to know the extent to which the pore surfaces are wetted with water film and to 
elucidate whether the water film has an ability to induce reactions and transport solutes. 
With these points in mind, the aims of this study are (1) to evaluate the 
distributions of water-filled pores, air-filled pores, and water film in each pore size class 
in an unsaturated sandstone, (2) to experimentally investigate how the hydraulic 
conductivity and reactive surface area of the sandstone change depending on water 
saturation, and (3) to interpret the effect of water saturation on the hydraulic 
conductivity and reactive surface area on the basis of the evaluated distributions of pore 
water−air−water film. In my doctoral thesis, I first characterized the distribution of pore 
water and air as a function of pore size during drying−infiltration processes by the 
water-expulsion porosimetry (e.g., Gelinas and Angers, 1986; Yokoyama and Takeuchi, 
2009). This porosimetry is the method that pore water is expelled by increasing gas 
pressure in a stepwise fashion and the volumes of water in each pore size class are 
quantified. The size distributions of pore water of a sandstone core were determined 
under various degrees of drying. In addition, water was infiltrated in the sandstone 
initially adjusted to various degrees of drying, and the hydraulic conductivity and the 
size distribution of pore water were measured. On the basis of the results, the ease of 
water infiltration/air entrapment as a function of pore size and its relevance to the 
decreases in hydraulic conductivity were discussed. Next, to investigate the effect of 
water saturation on the reactive surface area, water was infiltrated in the sandstone 
initially adjusted to water-saturated or dried conditions, and the amounts of dissolved 
elements in the effluent were compared. The results showed that water film wetting pore 
surfaces plays an important role in the reaction under unsaturated conditions. To 
theoretically underpin the experimental results, I constructed two models, one is a 
model for estimating the thickness of water film on pore walls, and the other is a 




reactive-transport model considering the effect of water film. Finally, by applying the 
reactive-transport model to rocks with a variety of mineral compositions and grain sizes, 
I considered the effect of water saturation on dissolution behavior in general cases.  
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Size Distributions of Pore Water and Entrapped Air 
during Drying-Infiltration Processes of Sandstone 
Characterized by Water-Expulsion Porosimetry 
 
 





The transport of pore water in a rock during drying-infiltration processes was 
characterized by water-expulsion porosimetry. In this method, pore water is expelled by 
increasing gas pressure in a stepwise fashion, and the amounts of water in each pore size 
class are determined. Fontainebleau sandstone, having an open porosity of 6% and main 
pore radii of 1–20 µm, was used. The change in size distribution of pore water was 
determined as a function of the degree of drying. As the drying proceeded, the amount 
of water decreased first in the larger pores followed by the smaller pores. Next, water 
was infiltrated into the sample preliminarily adjusted to various water saturations 
( flowpreS − ), and the entrapped air saturation, hydraulic conductivity ( K ), and size 
distribution of pore water were measured. As flowpreS −  decreased, the entrapped air 
saturation increased and K  decreased as approximated by 5.4flowSK ∝ , where flowS  is 
the water saturation after the infiltration. A comparison of the size distributions of pore 
water before and after the infiltration revealed that the ease of water infiltration (air 
entrapment) depends on pore size. If pores of >8 µm radii were emptied by drying, they 
were readily refilled with water, whereas smaller pores were only partially refilled 
because air was trapped in them. The experimentally measured K - flowS  relationship 
generally agreed with those predicted by the Mualem-van Genuchten model and its 
modified version accounting for air entrapment, but some differences in the size 




Knowledge of the transport of water in rocks is essential for understanding the 
material transport in the Earth’s surface. Rocks above water tables are usually partially 
saturated, and this region is known as the vadose zone. The depth of the vadose zone 
ranges from a few meters to a few hundreds of meters from the ground surface 
(Zimmerman and Bodvarsson, 1989). Water saturation in rocks, namely, the proportion 
of the volume of pore water to total volume of open pores, can vary strongly, 
influencing the transport of water in the rocks. 
The effect of water saturation on hydraulic conductivity has been relatively well 
studied for soils. The hydraulic conductivities of unsaturated soils are highly dependent 
on water saturation (e.g., Jury and Horton, 2004) and can decrease by several orders of 
magnitude as water saturation decreases (Mualem, 1986; Hillel, 1998). Regarding rocks, 
many efforts have been devoted to elucidating the unsaturated flow in rock fractures 
(Evans et al., 2000; Indraratna and Ranjith, 2001). In addition, considering the 




enhanced recovery of oil and gas from reservoirs by injection of water, the relationship 
between water saturation and relative permeability has been evaluated under the 
condition that two or more fluids including water, oil and gas move simultaneously at 
high flow rates (e.g., Bear, 1972; Dullien, 1979; Heaviside, 1991). Furthermore, the 
results of hydraulic conductivity measured by field test often reflect water saturation of 
the rocks at the test site. These studies, however, did not aim to evaluate how the 
hydraulic conductivity of rock matrices varies with changing water saturation in the 
vadose zone, where water and air coexist in pores at low hydraulic gradient. 
The present study focuses on a rock near the ground surface undergoing drying 
and infiltration. When pore water in a porous medium evaporates, water in larger pores 
migrates to smaller pores and the amount of water evaporated from the smaller pores is 
compensated (e.g., Scherer, 1990). This water transport is considered to be a result of 
“capillary pumping” (Tsimpanogiannis et al., 1999), also known as “capillary transfer” 
(Coussot, 2000) or “capillary flow” (Shokri et al., 2008). The first objective in the 
present study is to characterize how and how much pore water migrates during 
sandstone drying. 
As drying proceeds, water saturation decreases. If water infiltrates into the 
partially saturated rock, some of air is entrapped in pore spaces. Previously reported 
values of entrapped (residual) gas saturation in sandstones typically range from 10 to 
35% (e.g., Pentland et al., 2011; Zhou et al., 2011; Krevor et al., 2012), but values 
beyond this range have also been found (Suzanne et al., 2003; Kumar et al., 2010). The 
total amount of air trapped in the rock depends on the water saturation prior to inflow of 
water ( flowpreS − ). Land (1968) has proposed an empirical relationship between the 
entrapped air saturation and flowpreS − . This entrapped air is known to affect the 
hydraulic conductivity (e.g., Gupta and Swartzendruber, 1964; Lenhard and Parker, 
1987; Faybishenko, 1995; Sakaguchi et al., 2005), and a model for estimating hydraulic 
conductivity under the occurrence of air entrapment has been proposed by Lenhard and 
Parker (1987). In this model, the total volume of entrapped air is estimated by the 
equation of Land (1968), and each pore size class is assumed to entrap air in proportion 
to its volume. By combining this assumption with Mualem’s (1976) relative hydraulic 
conductivity model, which was derived without considering air entrapment, an 
expression for relative hydraulic conductivity is derived. It should be noted that the 
equation of Land (1968) can only predict the total amount of entrapped air. Therefore, 
the amount of air entrapped as a function of pore size is unknown (Parker and Lenhard, 
1987; Fagerlund et al., 2008). With these points in mind, the second objective of the 
present study is to experimentally verify the real distribution of air entrapment in each 




pore size class during drying-infiltration. 
In this chapter, first the change in the size distribution of pore water was evaluated 
by “water-expulsion porosimetry” as a function of the degree of drying. Second, water 
was infiltrated in the sample adjusted to various flowpreS −  by drying. After the 
infiltration at each value of flowpreS − , the entrapped air saturation and hydraulic 
conductivity were measured. In addition, the size distributions of pore water (thus, those 
of entrapped air) were evaluated by the water-expulsion method. Based on the result, we 
discuss the mechanism by which water saturation affects hydraulic conductivity. We 
also compare the experimentally measured size distribution of pore water and 
“hydraulic conductivity – water saturation” relationship with those predicted by the 




2.2. Experimental Methods 
2.2.1. Sample Descriptions 
Fontainebleau sandstone (France) was used in the experiment. The rock is 
composed of ~100% quartz, as confirmed by X-ray powder diffraction analysis. The 
quartz grains are well sorted, with approximate sizes of 200–300 µm (Fig. 2.1a). These 
properties are consistent with prior reports by Bourbie and Zinszner (1985) and Doyen 
(1988). The rock was cut into a cylinder (35 mm diameter and 9.5 mm length), mounted 
in a resin (Technovit 4004) to seal its lateral side, and used for the hydraulic 
conductivity measurement and water-expulsion porosimetry. Prior to the experiment, the 
sample was cleaned by rinsing and injecting ultrapure water (Milli-Q), followed by 
drying in an oven at 70°C. A sample was also taken for mercury intrusion measurement 
(diameter 14 mm and length 5.3 mm, no lateral seal). 
The rock pores can be categorized as follows (Fig. 2.2): (1) total pores; (2) 
connected or open pores, which are open to the outside of the rock sample, comprised of 
transport pores and dead-end pores as defined below; (3) isolated or closed pores; (4) 
transport pores, which penetrate the sample from one end to another, providing a way 
for fluid to pass through the sample, not including pores that diverge from transport 
pores but come to a dead end; and (5) dead-end pores, which are connected to transport 
pores or directly to the surfaces of the sample but come to dead ends. The details of 
these categories and measurement procedures have been presented by Yokoyama and 
Takeuchi (2009). The total porosity of the sandstone was determined to be 7.4% from 
measurements of the bulk density (2.45 × 103 kg m−3) and the solid density (2.65 × 103 




kg m−3). The open porosity of the sample is 6.3%, as determined by the difference 
between the water-saturated and dry weights. The saturated weight was obtained by 
following the procedure of Yokoyama and Takeuchi (2009). The transport porosity of the 
sample is 3.7%, as determined by measuring the volume of water expelled to one side of 
the sample by exerting a gas pressure of 1.6 × 105 Pa to the other side (corresponding to 
a capillary number of < 3 × 10−6). 
Mercury intrusion porosimetry as well as the water-expulsion method measures 
the size distribution of entry pores (throats) through which they are accessible, which is 
commonly interpreted as a pore size distribution. The size distribution of pores 
measured by the mercury intrusion method (Fig. 2.1b) shows that pore radii generally 
range between a few hundreds of micrometers to a few micrometers, having a peak at 
approximately 5 µm. The presence of pores approximately 100 µm in radius may be 
attributable to the following reason. As is evident from Fig. 2.1a, pores with a width of 
~200 µm, which were likely formed by detachment of quartz grains at the time of 
sample preparation, are present on the surface of the sample. The volumetric ratio of 
pores with a width of ~200 µm located on the sample surface can be calculated by 
Vp(200) × N × a / (V × φopen) × 100, where Vp(200) (cm3) is the volume of a ~200 µm width 
pore, N (cm−2) is the number of 200 µm width pores per unit outer area of the sample, a 
is (cm2) the outer area, V (cm3) is the volume of sample, and φopen is the open porosity. 
This expression shows that the volumetric ratio of 200 µm width pores is affected by the 
sample size and geometry (a/V). The sample used in the mercury intrusion measurement 
(no lateral seal) has a = 5.3 cm2 and V = 0.79 cm3. It can be estimated from the SEM 
image (Fig. 2.1a) that the number of ~200 µm width pores per unit outer area (1 mm2) is 
roughly 1–2. If it is assumed that one cubic pore with a side of 200 µm is present per 1 
mm2, for the sample in the mercury intrusion method the volumetric ratio of 200 µm 
width pores can be calculated by 0.023 × (1 × 100) × 5.3 / (0.79 × 0.063) × 100 = 8.5%, 
and this value agrees with that in Fig. 2.1b. 
 
 





Fig. 2.1. (a) Scanning electron microscope image of a cut surface of Fontainebleau 





Fig. 2.2. Schematic of pore structure in a rock and the classification of pore types, 
modified after Yokoyama and Takeuchi (2009). 
 
 
2.2.2. Drying of Pore Water and Adjustment of Pre-flow Saturation 
The pore water preexisting before the inflow of new water and its saturation have 
been referred to as “old water” (Turton et al., 1995; GouetKaplan et al., 2009) and 
“initial water saturation” (Heaviside, 1991), respectively. Instead of using these terms, 
we use “pre-flow saturation” and its symbol “ flowpre−S ” to specify water saturation after 
drying and prior to inflow. We also use water saturation after inflow, “ flowS ”, which is 
defined in detail in section 2.2.4. First, a sample was completely saturated with water. 
Ultrapure water was employed throughout the experiment. Pre-flow saturation was then 
adjusted by drying the water-saturated sample for different periods. In this process, the 




cylindrical sample with a lateral seal was placed in a container (closed) with silica gel, 
as shown in Fig. 2.3a, so that the pore water evaporates from the top and bottom of the 
sample. The temperature and relative humidity inside the container were recorded by a 
portable weather meter (Kestrel4000, Mistral Instruments) every minute. The 
temperature and relative humidity during the adjustments of flowpre−S  were 24–25°C 
and 43 ± 11%, respectively. To check the progress of drying, the sample was weighed 
by a digital balance with an accuracy of 0.0001 g at certain time intervals. flowpre−S  was 
calculated by (the volume of water remaining in the sample after drying) ⁄ (the volume 
of open pores) × 100. flowpre−S  was adjusted to 100, 88, 70, 51, and 24%. For the 
adjustment of flowpre−S  = 0%, the sample was heated in an oven at 70°C until a constant 
weight was attained.  
 
 
2.2.3. Measurement of Size Distribution of Pore Water after Drying 
To measure the volume of water in each pore size for different levels of water 
saturation, we employed water-expulsion porosimetry (also called “gas breakthrough 
experiment” (Hildenbrand et al., 2002, 2004)). The measurement principle is similar to 
the “pressure plate method” used in soil physics to determine the capillary 
pressure-water saturation relationship (e.g., Klute, 1986), but the experimental setup 
differs. Fig. 2.3b is a schematic of the apparatus used for water-expulsion porosimetry, 
which is identical to that used by Yokoyama and Takeuchi (2009) except for the 
humidifying section newly added. When a differential gas pressure ∆P (Pa) is applied to 
the sample at a given water saturation, a capillary pressure arises in resistance to the ∆P. 
If the ∆P is larger than the capillary pressure, pore water is extruded from the upper 
surface of the sample (balloon in Fig. 2.3b). Assuming that pores have ideal cylindrical 
forms, the magnitude of ∆P required to expel water from the pore of radius r (m) is 




=∆ , (2.1) 
where γ is the surface tension of the liquid-gas interface (for water, 7.20 × 10−2 – 7.22 × 
10−2 N m−1 at 24–25°C) and θ (degrees) is the contact angle between the solid and liquid. 
θ  was assumed to be 0°, as in the works of Gelinas and Angers (1986) and Innocentini 
and Pandolfelli (2001). According to Eq. (2.1), water is expelled first from the largest 
pores, and water in smaller pores is progressively expelled with increasing ∆P. Thus, by 
measuring the volume of water expelled from the sample with incrementally increasing 




∆P and concurrently determining the pore radius, the pore water size distribution for 
transport pores can be obtained (balloon in Fig. 2.3b). The volume of water expelled at 
each ∆P was measured as follows: a dry tissue was weighed, the water discharged from 
the top of the sample was wiped with the tissue, the wet tissue was immediately 
weighed, and the pore water volume was calculated from the change in the weight of the 
tissue. This wipe was continued until water expulsion at each step ceased. To minimize 
the evaporative loss of pore water during the experiment, compressed air was passed 
through water before injection into the sample (humidifying section in Fig. 2.3b) and 
the relative humidity RH was raised to approximately 93%. A water trap in the 
humidifying section prevents water from flowing into the sample. Humidified air was 
also provided around the top of the sample to reduce evaporation. 
In the measurement, ∆P = 6.0 × 103 Pa was first applied to the sample, and the 
volume of water in pores of >23 µm radii was determined. Next, ∆P was increased in 
incremental steps. The final ∆P was 1.6 × 105 Pa, equivalent to a pore radius of 0.90 µm. 
This procedure was repeated for various Spre-flow using the same sample, which allows 
the size distribution of pore water to be evaluated as drying proceeds. The pore size 
distribution measured by the mercury intrusion porosimetry (Fig. 2.1b) shows that the 
pores of >0.90 µm radii occupy 98% of the volume of open pores. Thus, by applying ∆P 
= 1.6 × 105 Pa, almost all water in transport pores can be expelled. To check the 
reproducibility, we performed the measurement in triplicate using the sample of Spre-flow 
= Sflow = 100%. The changes in the volume of each pore size in the three measurements 
were typically less than a volumetric ratio of ±1% but somewhat larger for the largest 
pores (>23 µm). This difference is attributable to the fact that the water wetting the 
upper surface of the sample in addition to that expelled from the pores were wiped at the 
first step of the water expulsion. We tried to reduce this effect by wiping off the sample 
surfaces with a wet tissue prior to exerting a gas pressure, but the effect remained. This 
issue can account for the larger volume of water in Sflow = 67% and 39% than Sflow = 
100% (data shown in section 2.4.5.3). The effect of the evaporation of water from the 
rock and the tissue during the measurement was evaluated in the following manner. To 
determine the amount of water expelled at minimum evaporation, humidified air (RH = 
93%) at ∆P = 1.6 × 105 Pa was immediately applied to the saturated sample containing 
0.5300 g of total pore water and 0.3224 g of water was collected. In contrast, if ∆P was 
increased stepwise using the humidified air (from ∆P = 6.0 × 103 Pa to 1.6 × 105 Pa; 13 
steps), 0.3242 g of water was collected. Because the amounts of water collected were 
almost the same between the immediate and stepwise conditions, the evaporative loss 
from the tissue was small. However, at the end of the stepwise increase of ∆P, the 




weight of the water remaining in the sample was 0.1456 g; thus, 0.0602 g (= 0.5300 − 
0.3242 − 0.1456) of water evaporated at high RH. To evaluate the origin of evaporative 
loss, non-humidified air (RH = 43%) was used and ∆P was increased stepwise. A total 
of 0.3025 g of water was collected, and the evaporation was 0.1830 g. Although the 
evaporation at RH = 43% was significantly larger than that at RH = 93%, the difference 
in the total water collected was small (9.3% smaller at RH = 43%). Thus, even at RH = 
100% the pore water size distribution is unlikely to change significantly from that at RH 
= 93%. Thus, the evaporative loss is mainly due to the evaporation of water at, for 
instance, dents along transport pores (these dents are categorized as dead-end pores and 
the water they contain is not expelled by applying gas pressure). This evaporation has 
little effect on the pore water size distribution for transport pores, which is most 
important for this study. 
 





Fig. 2.3. (a) Schematic of the setup of the drying experiment. (b) Schematic of the 
water-expulsion porosimetry apparatus. The upper balloon shows the procedure for 
determining the pore water size distribution. (c), (d) Schematic of the apparatus used for 
measuring hydraulic conductivity. In the setting of (c), discharged water drops from the 
bottom of the sample. In the setting of (d), water is discharged from the top of the sample. 






2.2.4. Measurement of Hydraulic Conductivity 
Fig. 2.3c is a schematic of the apparatus used for measuring hydraulic 
conductivity. The apparatus is composed of a water storage bottle, pump, constant water 
level part, and sample holder, all of which are connected by Tygon tubing. The sample 
was installed at the sample holder immediately after adjusting Spre-flow (elapsed time was 
less than approximately 1 min). By continuously supplying water into the constant 
water level part so that water overflows, the water head difference ∆H was kept at 10 
cm. When the time intervals of the measurement of flow rate were short (beginning 15 
min from the onset of the experiment), we adopted the setup shown in Fig. 2.3d, in 
which the water discharged from the top of the sample was wiped with a pre-weighed 
tissue. This procedure was used because the effluent water did not fall down to the 
bottle and flow rate could not be measured within short time steps. When attempting to 
measure the flow rate on a time scale of hours, the experiment was first started using the 
setup shown in Fig. 2.3d. Fifteen minutes from the onset of the experiment, the sample 
holder was turned over (Fig. 2.3c) to prevent the pooling of effluent water by extending 
the time interval of flow rate measurement. We first evaluated how water saturation 
changes over 24 h. The sample was periodically removed from the holder, and its 
weight was measured. Water saturation significantly changed several minutes from the 
onset of the experiment, after which the changes became small (data shown in section 
2.4.2). The temporal change in the flow rate showed a pattern similar to that of water 
saturation: the flow rate rapidly increased in the first several minutes, and then the 
variation became small. Thus, the flow reaches a quasi-steady-state within the first 
several minutes, which is maintained for at least a day. Based on these results, this paper 
focused on the flow at the quasi-steady-state. Water saturation at the quasi-steady-state 
flow is defined as “Sflow”. The hydraulic conductivity at the Sflow, described as K(Sflow) 










flow ,  (2.2) 
where ( )flowSQ  (m3 s−1) is the volumetric flow rate, A (m2) is the cross-sectional area 
of the sample, and L (m) is the length of the sample. The measurement of Sflow and 
K(Sflow) was performed for each Spre-flow. The saturated hydraulic conductivity of our 
sample, satK , was 1.7 × 10
−7 m s−1. From the repeated measurements of K(Sflow) (three 




times at satK  and twice at K(39%) and K(67%)), the error in the determination of 
K(Sflow) was estimated to be approximately 2–7%. According to Bourbie and Zinszner 
(1985) and Kieffer et al. (1999), Fontainebleau sandstone with an open porosity of 6.3% 
has intrinsic permeabilities of 10−15–10−13 m2 with an average value of 2 × 10−14 m2. 
Because the intrinsic permeability k  and satK  are related by µρ= gkK sat  (where 
ρ  = 9.97 × 102 kg m−3 and µ  = 8.9 × 10−4 Pa s are the density and the viscosity of 
water at 25°C, respectively, and g  = 9.81 m s−2 is the gravitational acceleration), k  
for our sample is calculated to be 1.6 × 10−14 m2. Thus, the value for satK  obtained in 
the present study is in the range of previously reported values.  
 
 
2.2.5. Measurement of Size Distribution of Pore Water after Infiltration 
To evaluate how air is entrapped and flow paths are formed during infiltration, the 
pore water size distribution was measured by water-expulsion porosimetry after the 
hydraulic conductivity was measured at each Sflow. 
 
 
2.3. Theoretical Models 
The experimentally measured K - flowS  relationship and size distributions of pore 
water after infiltration can be compared with those predicted by the Mualem-van 
Genuchten (MVG) model and its modified version. The outline of the models and the 
procedure to determine the required parameters are described below.  
 
 
2.3.1. MVG Model and its Modified Version 
To predict the relationship between hydraulic conductivity and water saturation, 
many models have been proposed (e.g., Burdine, 1953; Brooks and Corey, 1964; 
Mualem, 1976; van Genuchten, 1980; Kosugi, 1996; Assouline, 2001). The MVG model, 
often used in soil physics and petroleum engineering, was derived based on van 
Genuchten’s (1980) capillary pressure-water saturation ( cP - wS ) relationship (also called 
water retention curve) and Mualem’s (1976) relative hydraulic conductivity model. 
Because cP  is linked with pore radius ( r ) by rPc θγ cos2=  if pores are assumed to 
be capillary tubes, the cP - wS  relationship and the pore size distribution can be 
interconverted (e.g., D’Hollander, 1979; Kosugi, 1994). To characterize the cP - wS  
relationship, van Genuchten (1980) presented the following: 

















where wS  is the effective water saturation calculated by ( ) ( )wrwrww SSSS −−= 1 . 
Here, wS  ( )1≤< wwr SS  is the water saturation at a given cP  (different from flowS ) 
and wrS  is the (minimum) residual water saturation. The residual water may 
correspond to the water present at grain contacts as pendular rings (Dullien, 1989), in 
dead-end pores, and so strongly adsorbed onto mineral surfaces, that it does not 
contribute to water flow (e.g., Luckner et al., 1989; Brutsaert, 2000). α  (Pa−1) and m  
( 10 << m ) are fitting parameters related to the inflection point of the cP - wS  curve and 
the broadness of the pore size distribution, respectively. m  becomes larger for rock 
with a narrower pore size distribution. By applying Eq. (2.3) to the model of Mualem 




























This expression is the original MVG model for calculating rK  under various wS . It is 
assumed in the MVG model that at a given wS , the pores whose radii are smaller than 
a certain size are filled with water and larger pores are empty (Mualem, 1986). Using 
this assumption, the size distribution of pore water at the wS  is determined. When air 
entrapment occurs, some of the pores may not be always filled with water (even for 
relatively small pores), but this effect is not considered in the MVG model. A modified 
MVG model that accounts for the effect of entrapped air has been presented by Lenhard 
and Parker (1987). In this model, to estimate the total volume of entrapped air after 

















where airtotS −  is the total effective entrapped air saturation, flowS  is the effective 
flow-state saturation, and flowpreS −  is the effective pre-flow saturation. The bars on 
these saturations stand for scaling by wrS−1 , e.g., ( ) ( )wrwrflowflow SSSS −−= 1 . R  is 
defined as ( ) 1/1 max −= −airtotSR , where maxairtotS −  represents the maximum total effective 
entrapped air saturation. Because Eq. (2.5) can only provide information on the total 
volume of entrapped air, Parker and Lenhard (1987) introduced the assumption that 
each pore size has an identical water-to-entrapped-air-volume ratio. As a result, the 





















































In this equation, one term originally contained in Lenhard and Parker (1987) is 
excluded because it becomes zero at any Sflow in the current experimental condition (the 
original expression is given in Appendix 2A).  
 
 
2.3.2. Estimation of Model Parameters 
Applications of the original and modified MVG models require estimation of m  
and wrS . To predict the K - S  relationship for infiltration process, these values must 
be estimated from the cP - wS  curve for infiltration process (wetting cP - wS  curve) 
because the shape of the curve measured in the drainage process (drainage cP - wS  
curve) typically differs from that in the infiltration process, which is referred to as a 
hysteresis. However, in our data, only the cP - wS  curve for drainage process 
(displacement of water by a gas) is available. For such a case, Parker and Lenhard 
(1987) and Lenhard et al. (1991) have proposed a procedure to facilitate practical 
application of modified MVG model by minimizing the experimental data requirements. 
In this procedure, it is assumed that m  and wrS  are the same between the infiltration 
and drainage processes but that α  is different. This assumption has been used in 
various models addressing the hysteresis in the cP - wS  relationship (Kool and Parker, 
1987; Luckner et al., 1989; Haverkamp et al., 2002; Canone et al., 2008). Therefore, the 
only data required are the drainage cP - wS  curve of a water-saturated sample, and the 
value of 
max




2.4.1. Rate of Drying 
The changes in Spre-flow and drying rate with time are shown in Fig. 2.4. The drying 
rate is expressed as the volume of evaporated water divided by twice the sectional area 
of the sample (evaporation occurred from the top and bottom of the sample). When a 
porous medium is dried from a water-saturated condition, the drying rate becomes 
approximately constant at relatively high value in the early stage of drying, which is 




called “stage 1 evaporation” (Lehmann et al., 2008; Shokri et al., 2008). In this stage, 
overall drying rate is controlled by the humidity, temperature, and velocity of ambient 
air because each pore water is connected and evaporation occurs mainly near the 
external surface of the sample. After stage 1, following the intermediate region, the 
drying shifts to “stage 2 evaporation”, in which water becomes completely disconnected 
and evaporation occurs from isolated water clusters. In this stage, the drying rate is 
controlled by the diffusion of vapor through the porous medium. As shown in Fig. 2.4, 
the drying rate is extremely high at the onset of drying, but this behavior seemed to be 
due to the evaporation of the water wetting the top and bottom surfaces of the sample. 
The drying rate constantly decreased during the experiment. After approximately 120 
min passed, the drying rate is approximately inversely proportional to the square root of 
time. This fact implies that the drying of this period corresponds to the stage 2 (e.g., 
Parlange et al., 1992; Brutsaert and Chen, 1995) and the drying before 120 min is 
mainly intermediate region.  
 
 




2.4.2. Time Variations of Water Saturation and Flow Rate 
Fig. 2.5a and b show the temporal changes in the volumetric flow rate and water 
saturation for the sample at Spre-flow = 0% and 51%. The volumetric flow rate and the 
water saturation increased rapidly in several minutes from the onset of the experiments. 
After several hours passed, these values were still changing but to a much smaller extent 




and did not reach the values of water-saturated condition. A similar trend was also 
observed for the other Spre-flow. Therefore, for each Spre-flow, we adopted Sflow and K(Sflow) 
after 5–15 min had passed from the onset of the flow (quasi-steady-state). 
 
 
Fig. 2.5. Changes in volumetric flow rate (a) and water saturation (b) with elapsed 
experimental time at Spreflow = 0% and 51%. For the first 15 min (the left side in Fig. 2.5a 
and b), the scale of the horizontal axis is in minutes, after which, the scale is in hours.  
 
 
2.4.3. Relationship between Pre-flow Saturation and Air Entrapment 
Fig. 2.6 shows a plot of Sflow versus Spre-flow. Sflow decreased with decreasing 
Spre-flow; these quantities for our sample were related by Sflow = 0.64 × Spreflow + 36. The 
deviation of Sflow from the line of Spreflow = Sflow corresponds to the amount of water 
newly infiltrated into empty (dried) pores. The gap between Sflow and Sflow = 100% is 
equivalent to the amount of entrapped air. As Spre-flow decreased, more water flowed into 
empty pores but more air was trapped, which is typical for the case of strongly 
water-wet systems (Krevor et al., 2012). The amounts of air trapped in our sample were 
up to approximately 60% of open pore space at Spreflow = 0%. Suzanne et al. (2003) 




measured the amounts of trapped gas for Fontainebleau sandstones having various 
porosities and reported that the maximum values of trapped gas saturation were 
approximately 30, 50, and 70% for porosities of 21, 15, and 8.5%, respectively. Kumar 
et al. (2010) also estimated the maximum entrapped air saturation for Fontainebleau 
sandstone to be 50% and 29% for porosities of 14% and 18%. Based on a porosity close 
to that of our sample (6%), our result generally agrees with the value of Suzanne et al. 
(2003), although some differences at Spre-flow < 51% exist. This difference may be due to 
the difference of fluids used (oil was used in Suzanne et al. (2003)). As for other rocks, 
previously reported maximum values of trapped CO2 saturation for Berea sandstone 
(porosity = 22%) at Spre-flow = 15–90% were 35% (Pentland et al., 2011; Krevor et al., 
2012) and that for Paaratte sandstone (porosity = 28–29%) at Spre-flow = 35–75% was 
33% (Krevor et al., 2012). These values are plotted with our results in Fig. 2.6 for 
comparison, although the gas species differ. Our trapped gas saturation data were 
distributed within the variation of the results of the other studies, but relatively high. 
The amount of gas entrapment increases as pore-to-throat ratio (aspect ratio) increases 
and the pore connectedness (coordination number) decreases (Wardlaw and Cassan, 
1978; Chatzis et al., 1983; Lowry and Miller, 1995). Previous research on 
Fontainebleau sandstone has shown that as porosity decreases, the connectedness of 
pores decreases and the pore-to-throat ratio increases (Doyen, 1988; Lindquist et al., 
2000; Sok et al., 2002). These observations suggest that entrapped air saturation 
increases as the porosity of Fontainebleau sandstone decreases, which is consistent with 
the results shown in Fig. 2.6. The porosity of our sample is relatively low, which is 
likely to be a cause of the high amount of gas entrapment.  
 





Fig. 2.6. Relationship between pre-flow saturation (Spre-flow) and water saturation after 
infiltration at steady-state (Sflow). For comparison, the entrapped gas (air or CO2) 
saturation data for Fontainebleau sandstones (Kumar et al., 2010; Ref. (1)) (Suzanne et al., 
2003; Ref. (2)), Berea sandstone (Pentland et al., 2011; Ref. (3)), and Paaratte sandstone 
(Krevor et al., 2012; Ref. (4)) are shown. The data by Suzanne et al. (2003) were obtained 




2.4.4. Relationship between Water Saturation and Hydraulic Conductivity 
The relative hydraulic conductivity Kr, the ratio of K(Sflow) to Ksat, is plotted 
against Sflow (also, Spre-flow) in Fig. 2.7. As Sflow (Spre-flow) decreases, Kr monotonically 
decreases by more than one order of magnitude, except for Sflow = 39% (Spre-flow = 0%). 
Kr are well correlated with Sflow by the relationship of Kr = Sflow
n, where n is 
approximately 3 to 5 (best fit: n = 4.5) and Sflow is the fraction (here, not percentage).  
 





Fig. 2.7. Measured relative hydraulic conductivity ( rK ) as a function of Spre-flow and Sflow. 
The solid and dashed curves show power-law functions of Sflow, 
n
flowr SK = , where the 
curves of n =3, 5, and 4.5 (best fit) are depicted. 
 
 
2.4.5. Size Distributions of Pore Water after Drying and Infiltration 
Fig. 2.8 show the result of the water-expulsion porosimetry at various Spre-flow and 
Sflow. The volumetric ratios (%) are calculated by (volume of water expelled from pores 
of each size) / (total volume of open pores) × 100. Note that sum of each volumetric 
ratio does not become 100% because water in dead-end pores is not expelled by the 
water-expulsion porosimetry. These data provide information on how the distribution of 
pore water changes by drying and infiltration.  
 









Fig. 2.8. Size distribution of pore water at various Spre-flow and Sflow obtained by 
water-expulsion porosimetry. (a) pore size distribution of watersaturated sample, 
corresponding to bulk structure of the sample. (b−f) results after drying. Solid bars with 
diagonal lines correspond to the volume of water remaining after drying. (g−k) results 
after flow. The light-colored solid bar corresponds to the volume of new inflow water, 




Fig. 2.9. Volumetric ratio of pore water after drying and after flow plotted against Sflow 
(Spre-flow) for large pores (a), medium pores (b), and small pores (c). Volumetric ratio of 
new inflow water plotted against Sflow (Spre-flow) for large pores (d), medium pores (e), and 
small pores (f), calculated by subtracting the value after drying from that after flow. 
Errors were estimated from the reproducibility of the water-expulsion measurements. 
 
 
2.4.5.1. Bulk Pore Structure 
Fig. 2.8a shows the pore size distribution of water-saturated sample, representing 
bulk pore structure of the sample. The radii of pores are mostly 1–20 µm, and there is a 
peak at approximately 6 µm. Although the water-expulsion method yields the size 
distribution of transport pores and the mercury intrusion method provides that of open 




pores, the results from the two generally agree well (Fig. 2.1b and 2.8a), with the 
exception of the peak at approximately 100 µm. As described in section 2.2.1, the peak 
at approximately 100 µm in the mercury intrusion method seems to be a result of 
detached grains at the sample surfaces. For the sample used in the water-expulsion 
method (lateral side sealed, a = 9.4 cm2 and V = 8.9 cm3), the volumetric ratio of 200 
µm width pores is calculated to be 1.3%. This value is consistent with the value of >23 
µm pores shown in Fig. 2.8a. 
In the following discussion, we categorize the pores into three groups; pores with 
mean radii of ≥9.4 µm, 8.4−5.4 µm and ≤4.5 µm are defined as “large pores”, “medium 
pores” and “small pores”, respectively.  
 
 
2.4.5.2. Pore Water after Drying 
Fig. 2.8b–2.8f show the size distributions of pore water at Spre-flow = 88, 70, 51, 24, 
and 0%. The changes of the amount of water in large, medium, and small pores as a 
result of drying are shown in Fig. 2.9a, b, and c, respectively. These results reveal that 
the decrease of pore water during drying depends on pore size. The large pores lost 
water almost completely in the early stage of drying, even at Spreflow = 88% (Fig. 2.9a). 
The medium pores continuously lost water with decreasing Spreflow over a wide range of 
Spreflow. At Spreflow = 88–51%, the loss of water in medium pores dominates the overall 
loss of pore water. The loss of water in small pores at Spre-flow = 100–51% was small but 
increased rapidly as Spre-flow further decreased. The results ensure the occurrence of 
capillary flow; its concept is generally explained by a simple model modified after 
Scherer (1990) as follows (Fig. 2.10a–c). When the evaporation of pore water occurs, 
menisci are formed in pores and capillary pressure arises. The capillary pressure 
difference due to the variation in pore sizes induces the flow of water toward smaller 
pore (from Fig. 2.10a to 2.10c). Thus, the size of pores filled with water progressively 
becomes smaller as drying continues. Although the actual pore structure of the 
sandstone is more complicated than that described in Fig. 2.10, the capillary flow during 
drying accounts for the results of water-expulsion porosimetry well (Fig. 2.8b−f and Fig. 
2.9a–c).  
 





Fig. 2.10. Schematic of the drying process of a simplified porous medium having three 




2.4.5.3. Pore Water after Infiltration 
Fig. 2.8g−k show the size distributions of pore water after the flow at Sflow = 93, 
80, 67, 48, and 39%, respectively, corresponding to Spre-flow = 88, 70, 51, 24, and 0% 
before infiltration. The total volume of water after the flow can be separated to the 
fractions of preexisting water and new inflow water. The difference in the size 
distributions of pore water before and after the flow (e.g., for Spre-flow = 88%, the 
difference between Fig. 2.8g and Fig. 2.8b), shown as bars with light colors (red outer 
frame), corresponds to the volume of new inflow water. The total volumes of water in 
large, medium, and small pores after the flow are plotted against Sflow in Fig. 2.9a, b, c, 
respectively, and the volumes of new inflow water in each pore size class are plotted in 
Fig. 2.9d, e, f. Regarding the large pores, the volume of new inflow water was almost 
equal at any Sflow (Fig. 2.9d). Therefore, the large pores lost almost all water by drying 
even at high Spre-flow but were saturated again by new inflow water at any Sflow. 
Regarding the medium pores, when a relatively high amount of preexisting water 
remained in the pores (Spre-flow > 70%), the amount of new inflow water was small (Fig. 
2.9e). Thus, water mainly infiltrated by connecting the preexisting water and did not 
invade into the empty (dried) pores. More empty pores were refilled by water at Spre-flow 
< 70%, but the amount of new inflow water did not exceed a volumetric ratio of ~10% 
(~25% of medium pores) at any Spre-flow owing to the occurrence of air entrapment. A 
similar trend was observed for the small pores (Fig. 2.9f), but because the small pores 
do not lose water easily by drying, new inflow water began to increase only when water 
saturation considerably fell. In addition, ~40% of the small pores were filled with new 




inflow water, which was somewhat larger than that for the medium pores. Based on 
these results, the way flow paths are formed is affected both by the pore size distribution 




2.5.1. Cause of the Decrease of Hydraulic Conductivity 
If water readily flows in empty pores, all pores will be saturated by new inflow 
water as time passes. However, small changes in flow rate and water saturation with 
time after several minutes from the onset of the experiment (Fig. 2.5a and b) indicate 
that stable flow paths as the result of air entrapment were formed. In Fig. 2.7, Kr 
generally decreases with decreasing Sflow. Because almost the same amount of water 
flows through large pores at any Sflow (Fig. 2.9a), the flow paths due to large pores are 
unlikely to be related to the decrease of Kr. The decrease of the volume of water in 
small pores at Sflow = 100–80%, where Kr significantly decreases, was small (Fig. 2.9c). 
In addition, the flow rate in small pores is smaller than that in medium pores under the 
same differential pressure, according to the Hagen-Poiseuille’s law, which describes 
flow in a smoothwalled cylindrical pipe: ( )( )dldPrQ µπ= 84  (volume flow rate Q , 
pressure gradient dldP ). Therefore, the flow in small pores is also unlikely to be 
related to the rapid decrease of Kr. In contrast to the large pores and small pores, 
medium pores lost significant water at Sflow = 100–80% (Fig. 2.9b), which suggests that 
the considerable decrease in Kr at Sflow = 100–80% is induced by the decrease of water 
in medium pores. At Sflow lower than 80%, the change of Kr gradually becomes smaller 
(Fig. 2.7). This change appears to be because water always comes into medium pores as 
much as 25% even if water in medium pores is almost completely lost by drying (Fig. 
2.9b and e). Kr (39%) was larger than Kr (48%), contradicting the overall trend of 
Kr-Sflow. In Fig. 2.9b, the amount of water in medium pores before the flow was zero at 
both Sflow = 39% and 48%, but that after the flow was larger at Sflow = 39% than at Sflow = 
48%. This finding suggests that at Sflow = 48% the preexisting pore water prevents new 
water from entering into empty medium pores, resulting in smaller value of Kr(48%).  
 
 
2.5.2. Comparison of the Size Distributions of Pore Water and Hydraulic 
Conductivities Obtained by Model and Experiment 
To evaluate the predictability of the K-S relationship in the original and modified 
MVG models and the validity of the size distribution of pore water assumed in the 




models, we compare the results obtained from the models with those from the 
experiments. Fig. 2.11 shows the cP - wS  relationship obtained for the water-saturated 
sample by the water-expulsion porosimetry. Fitting Eq. (2.3) to the cP - wS  curve 
yielded m  = 0.82 and α  = 4.2 × 10−5 Pa−1, assuming wrS  = 0.40 which was the 
water saturation at the maximum cP . This assumption for wrS  was employed for 
consistency with the estimate of other wrS  (see below). Even if wrS  is regarded as a 
fitting parameter, almost the same result is obtained ( m  = 0.84, α  = 4.3 × 10−5 Pa−1, 
and wrS  = 0.43). The value of 
max
airtotS −  was 0.65, which corresponded to R  = 0.55 in 
Eq. (2.5). In calculating flowpreS −  and flowS  (= ( ) ( )wrwr SSS −− 1 , where S  is 
flowpreS −  or flowS ), if wrS  is regarded as a constant and the value obtained from the 
saturated sample is used, flowpreS −  and flowS  become negative at low flowpreS −  and 
flowS . Although this case is indicated by Lenhard et al. (1991), the solution is not 
provided. Therefore, we regarded wrS  in the numerator of ( ) ( )wrwr SSS −− 1  as a 
variable. That is, the numerator and the denominator correspond to the volume of water 
in transport pores and the total volume of transport pores, respectively. wrS  was 
determined from the results of water-expulsion measurement after each infiltration and 
drying process, and its values are summarized in Table 2.1. wrS  decreases with 
decreasing Spre-flow, which indicates that the amount of evaporation of residual water 
depends on Spre-flow. 
First, we consider the MVG model. The size distribution of pore water at Sflow = 
39% (Spre-flow = 0%) obtained by the assumption in the MVG model is shown in Fig. 
2.12b, which can be compared with the experimental result (Fig. 2.12a). In addition, to 
evaluate how the volume of water at each pore size class changes with Sflow, the 
volumetric ratios of water in large, medium, and small pores obtained by the model and 
the experiment are shown in Fig. 2.12d, e, and f, respectively. For the medium pores at 
Sflow ≥ 67% (Fig. 2.12e), the experimental result is well reproduced by the model. 
However, for large pores (Fig. 2.12d) and small pores (Fig. 2.12f), the results from the 
experiment and model differ. The MVG model presumes that the large pores are empty 
at low Sflow, but the experimental result showed that they are always filled with new 
inflow water at any Sflow. The model also presumes that the small pores are filled with 
water at any Sflow, but the experimental result revealed that the volume of entrapped air 
increases with decreasing Sflow. Despite these differences, the relative hydraulic 
conductivities calculated from Eq. (2.4) with an assumption of wS = flowS  agree well 
with those from the experiment (Fig. 2.13). This accordance is likely due to the 
agreement for the volume of water in the medium pores by which hydraulic 
conductivity is controlled. However, it is unclear whether this agreement holds true for 




any pore structure, and we cannot say that the MVG model generally has high 
predictability of the flow behavior under air entrapment. 
Next, we consider the modified MVG model. The values of flowS  at each 
flowpreS −  obtained in the experiment generally accord with those calculated by the 
Land’s (1986) equation (Table 2.1). Therefore, the assumption in the modified MVG 
model for the use of Land’s equation seems to be successful. The model also predicts 
well the K-S relationship obtained in the experiment (Fig. 2.13). Fig. 2.12c shows the 
size distribution of pore water at Sflow = 39% (Spre-flow = 0%) assumed in the modified 
MVG model. In the model, pores were first filled with water from smaller pores to 
larger ones until water saturation reaches flowpreS − , after which the total volume of new 
inflow water is distributed to remaining empty pores as each pore size has the same 
water-to-entrapped-air-volume ratio. The volumetric ratios of water in three pore size 
classes obtained by the model (Fig. 2.12d, e, f) generally agree well with the 
experimental values, which accounts for the fact that rK  calculated from the model 
predicts the experimental values well. However, there are some differences in the 
details; for example, the modified MVG model predicts that only a portion of the large 
pores is filled with water, but the experimental result shows that the large pores were 
always refilled with new inflow water. 
Although the modified MVG model successfully predicted the hydraulic 
conductivity and the size distribution of pore water for the sandstone used in this study, 
Fagerlund et al. (2008) reported the disagreement between the prediction based on the 
assumption of Parker and Lenhard (1987) and the experimental result using a sand 
column, mentioning that the non-wetting phase may be entrapped in a specific pore size 
(they used nonaqueous liquid rather than air). This finding implies that the nature of 
entrapment has diversity. There are various factors that might affect the size distribution 
of entrapped air and thereby the predictability of K-S relationship by the modified MVG 
model, such as the pore structure, mineral composition, magnitude of hydraulic head 
difference, and drying-infiltration history. It would be important to evaluate how these 
factors affect the behavior of air entrapment using an experiment such as that used in 
the present study, which can provide fundamental information to validate or improve the 


















c K (meas)d Kr (meas) Kr / ratio
e 
        Meas. Calc.b       MVG Modified MVG 
1.00  1.00  0.40 1.00  1.00  1.00  0.40  1.71  1.00  1.00  1.00  
0.88  0.87  0.35  0.93  0.95  0.88  0.36  1.32  0.77  0.79 / 1.0 0.79 / 1.0 
0.70  0.66  0.30  0.80  0.77  0.71  0.33  0.56  0.33  0.38 / 1.2 0.39 / 1.2 
0.51  0.37  0.29  0.67  0.60  0.53  0.31  0.28  0.16  0.17 / 1.0 0.19 / 1.1 
0.24  0.02  0.23  0.48  0.35  0.36  0.26  0.07  0.04  0.03 / 0.8 0.07 / 1.8 
0.00  0.00  0.00  0.39  0.38  0.35  0.16  0.12  0.07  0.04 / 0.6 0.08 / 1.1 
a Residual water saturation at each Spre-flow. 
b Calculated from the Land (1968) model. 
c Residual water saturation at each Sflow. 
d Unit is ×10-7 m s-1. 
e In each cell, the relative hydraulic conductivity calculated from the model (Eq. (2.4) for the 
MVG model, Eq. (2.6) for the modified MVG model) is shown on the left side, and the 




Fig. 2.11. Relationship between capillary pressure ( cP ) and water saturation ( wS ) during 
the water-expulsion experiment applied to the water-saturated sample. The grey curve 








Fig. 2.12. Size distribution of pore water after flow at Sflow = 39% measured by the 
water-expulsion porosimetry (a) and calculated based on the MVG model (b) and the 
modified MVG model (c). Comparison of the volumetric ratios of pore water after flow 
obtained by the experiment, the MVG model, and the modified MVG model for large (d), 
medium (e), and small (f) pores, respectively. Errors were estimated from the 
reproducibility of the water-expulsion measurements. 
 
 





Fig. 2.13. rK  as a function of effective flow-state saturation ( flowS ); experimentally 
measured values and those predicted by the original MVG model (dashed line) and the 





Water transport during drying-infiltration processes was characterized using 
Fontainebleau sandstone, having pore radii ranging from 1–20 µm with a peak around 6 
µm. First, the change in the size distribution of pore water with the progress of drying 
was evaluated by water expulsion porosimetry. Next, water was infiltrated in the sample 
adjusted to various degrees of drying, and the entrapped air saturation and hydraulic 
conductivity were measured. In addition, the size distributions of pore water and 
entrapped air after the flow were evaluated. Finally, we compared the experimentally 
measured pore water size distribution and K - S  relationship using the MVG model 
and its modified version, accounting for air entrapment. The results and interpretations 
were as follows:  
(1) As drying proceeded, the volume of pore water decreased successively from larger 
pores to smaller ones, ensuring the occurrence of capillary flow. 
(2) The entrapped air saturation increased and hydraulic conductivity decreased with 
decreasing Spre-flow. The amounts of entrapped air were up to approximately 60% of 
open pore space. The hydraulic conductivity and water saturation (Sflow) were related 
by approximately ( ) 5.4flowflow SSK ∝ . 




(3) If the pore sizes were classified as large (≥ 9.4 µm), medium (8.4–5.4 µm) and small 
(≤ 4.5 µm), preferential air entrapment with decreasing Sflow was observed for the 
medium pores. The significant decrease of K(Sflow) at Sflow = 100–80% seemed to be 
mainly caused by the entrapment of air in the medium pores. 
(4) The measured K - S  relationship agreed well with those predicted by the original 
and modified MVG models. This appeared to be because for medium pores the 
amounts of water and entrapped air at each Sflow determined by the water-expulsion 
method were well reproduced by both the original and modified MVG models. 
However, for large pores and small pores, some differences were observed between 
the experiment and the models. 
The above results showed that the ease of water infiltration and air entrapment depends 
on pore size. Advance in such knowledge will contribute to the understanding of the 




In Eq. (2.6), one term originally contained in Lenhard and Parker (1987) is 
excluded because it becomes zero in the current experimental condition. Consider the 
situation in which water infiltrates into the sample at a given flowpreS −  with air 
entrapment. The effective water saturation and effective entrapped air saturation are 
defined as wS  and aS , respectively. At flowprew SS −= , aS  equals to zero, as shown 
in Fig. 2.A1a (Parker and Lenahrd, 1987). As infiltration proceeds, wS  and aS  
gradually increase; water infiltrates first into the smallest empty pores, and the size of 
water-filled pores gradually increases. Because the capillary pressure cP  and the pore 
radius r  are correlated by cPr θγ cos2= , cP  gradually decreases as the infiltration 
proceeds ( wS  increases) (Fig. 2.A1b). As infiltration further proceeds (Fig. 2.A1c), the 
cP - wS  curve approaches the end point (i.e., cP  = 0) and aS  and wS  become 
airtotS −  and airtotS −−1 , respectively. The relationship between relative hydraulic 












































































where wS  is the apparent saturation and is expressed as aww SSS += . In our 
experiment, the size distribution of pore water was determined after water percolated 
into the sample and flow rate reached quasi-steady-state. In this case, cP  is regarded as 




almost zero (the end point in the cP - wS  curve). wS =1 is then satisfied, and airtotS −−1  




1 −  in Eq. (2.A1) 
becomes zero, yielding Eq. (2.6) is obtained. For consistency, Eq. (2.6) is expressed as a 




Fig. 2.A1. Schematic of the relationship between capillary pressure cP  and effective 
water saturation wS  before water infiltration (after drying) (a), during water infiltration 
with air entrapment (b) and after reaching cP = 0 (c). wS  is calculated by 
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Prediction of Saturated and Unsaturated Hydraulic 
Conductivities of Sandstone  











The pore size distribution of a rock is one of the important factors controlling 
permeability (hydraulic conductivity). The Katz and Thompson model (KT model) can 
predict permeability using only pore size distribution and porosity. Previous studies 
have conventionally used those of open pores measured by mercury intrusion 
porosimetry. However, open pores usually include pores unavailable for flow such as 
dead ends and dents. In contrast, water-expulsion porosimetry (WEP) yields information 
of transport pores directly serving as flow paths. The size distributions and porosities of 
transport pores of nine sandstones were measured by WEP, and the permeabilities 
predicted by the KT model were compared with those measured using a gas 
permeameter. Permeabilities are shown to be better predicted by using transport porosity 
rather than by open porosity. Application to predicting the permeability–saturation 





Estimations of permeabilities (hydraulic conductivities) of rocks are essential in 
considering various geological and engineering processes, including groundwater flow, 
ore deposit formation, and oil and gas storage. Empirical and theoretical models have 
been proposed to predict the permeability of rock (single-phase flow) based on porosity, 
pore size, pore size distribution, pore connectivity, and tortuosity (e.g., Walsh and Brace, 
1984; Katz and Thompson, 1986, 1987; Guéguen and Dienes, 1989; Bernabé et al., 
2010). A model proposed by Katz and Thompson (1987) (KT model) is a very useful 
model because it is known to predict the permeability of sandstone using no adjustable 
parameters within error of a factor of three (Thompson et al., 1987) and the only data 
required is the pore size distribution (capillary pressure curve) and porosity. 
Mercury intrusion porosimetry (MIP) has been widely used to determine the pore 
size distribution of rock. Previous studies addressing the KT model have commonly 
measured the data required for the modeling by MIP (e.g., Katz and Thompson, 1987; 
Bernard et al., 2007; Milsch et al., 2008; Amirtharaj et al., 2011). MIP provides the 
relation between mercury pressure and the volume of mercury intruded into a sample, 
which corresponds to the capillary pressure curve (Fig. 3.1a). Because a mercury 
pressure is related to a pore diameter, the capillary pressure curve can be converted to 
the pore size distribution (Fig. 3.1b). As another method for measuring pore size 
distribution, there is water-expulsion porosimetry (WEP) (Nishiyama et al., 2012). This 




method is also called the gas breakthrough method (Hildenbrand et al., 2004), and the 
measurement principle is similar to the pressure plate method (e.g., Klute, 1986) often 
used in soil physics. Although WEP is not as widely used as MIP, WEP is harmless and 
inexpensive as long as air and water are used (other combination of fluids is also 
available), and the sample used in the measurement can be reused for other purposes. 
These are large advantages of WEP over MIP, considering that mercury is harmful and 
the sample used in the MIP measurement cannot be reused. In WEP, a gas pressure is 
applied from one end of a water-saturated sample, and water in pores penetrating the 
sample is expelled to the other end. Thus, WEP provides the information of “transport 
pores” that are directly serving as flow paths (Yokoyama and Takeuchi, 2009), in which 
dead-end pores and dents that are unavailable for flow paths are not included. In 
contrast, the result of MIP usually measures the information of “open pores” that 
includes pores unavailable for fluid flow because mercury is injected into all pores open 
to the outside of the sample (Chen and Penumadu, 2006). Given these differences 
between MIP and WEP, to use the capillary pressure curve and porosity of transport 
pores determined by WEP rather than those of open pores determined by MIP is inferred 
to be reasonable for predicting permeability with the KT model. However, to our 
knowledge, no previous study has combined the information of transport pores with the 
KT model, and the applicability of the data by WEP to the KT model remains to be 
evaluated. 
If accurate estimation of permeability is possible using the data of WEP and the 
KT model, it is also useful in modeling of multi-phase flow in rock pores (e.g., water 
flow under unsaturated condition). Because experimental determination of the relation 
between permeability to a fluid phase (effective permeability in m2) and saturation 
degree S  is difficult and time consuming, this relation is often predicted from a 
capillary pressure curve (or water retention curve) that is more easily measured by 
methods such as pressure plate method and WEP. For this prediction, multi-phase flow 
models using a capillary pressure curve have been developed (e.g., Brooks and Corey, 
1964; Mualem, 1976; van Genuchten, 1980). Because these models commonly provide 
“relative permeability” (i.e., the “ratio” of the effective permeability at a given S  to 
the intrinsic permeability (permeability at S =100%)), the intrinsic permeability must 
be separately measured to obtain the effective permeability (absolute value) at each S . 
However, there is a possibility that the effective permeability– S  relation can be 
predicted from only a capillary pressure curve by the combination of the KT model for 
determining the intrinsic permeability and a multi-phase flow model. 
With these points in mind, we measured the capillary pressure curves and 




porosities of transport pores in sandstones by WEP and compared the permeabilities 
predicted by the KT model using the results of WEP with those measured 
experimentally. We also discuss a way to predict the effective permeability– S  relation 
by combining WEP, the KT model, and a multi-phase fluid flow model. 
 
 
3.2. Katz and Thompson Model 
Based on percolation theory (critical path analysis), Katz and Thompson (1987) 
postulated that the following equation can express the intrinsic permeability of a rock 
KTk  (m










φ= , (3.1) 
where φ  is the porosity of the rock and ( )df  is the volume fraction of pores having 
diameters of d  and larger. cd  (m) is the critical pore diameter, defined as the 
diameter of the smallest portion in the largest flow path penetrating the sample. Eq. 
(3.1) assumes that permeability is mainly controlled by the pores with diameters of d  
and larger, and the diameters of pores larger than d  are all considered as equal to d  
and the rest are zero. Under this assumption, Eq. (3.1) will yield the value of KTk  
which is smaller than the actual value. Therefore, if d  is chosen as ( )dfd 3  is 
maximized ( d  = hmaxd ), KTk  becomes closest to the actual value. By inserting d  = 
h
maxd  into Eq. (3.1), the following KT model for predicting permeability can be 
obtained: 










k φ= . (3.2) 
Katz and Thompson (1987) proposed a procedure to determine cd  and 
h
maxd  from the 
data of MIP. cd  is obtained from the pressure corresponding to the inflection point in 
the capillary pressure curve using the Washburn equation dP HgHgHg cos4 θγ−= , 
where HgP  is the mercury pressure (Pa), Hgγ  is the surface tension of mercury (0.485 
N m−1), and Hgθ  is the contact angle of mercury (141.3°); an example is shown in Fig. 
3.1a. This is based on the observation that mercury cluster penetrating through the 
sample is first formed at the pressure close to the inflection point (Katz and Thompson, 
1986). In determining hmaxd , Katz and Thompson (1987) used the cumulative pore size 
distribution measured by MIP as ( )df . They assumed that the volume of mercury 
injected prior to the pressure at the inflection point (surface volume, as indicated in Fig. 




3.1a) is due to the defects at the sample surfaces and pores not involved in the first 
percolating mercury cluster. By calculating ( )df  in which the surface volume is 
neglected, ( )dfd 3  is calculated, and hmaxd  is determined from the maximum value in 
the ( )dfd 3  (Fig. 3.1c). We determined cd , hmaxd , and ( )hmaxdf  following the above 
procedure but used the capillary pressure curve measured by WEP.  
 
 
Fig. 3.1. Measurement result by mercury intrusion porosimetry for a Berea sandstone 
(sample 5). (a) Capillary pressure curve. Vertical dotted line represents the inflection 




point on the curve. (b) Pore size distribution. A peak at 200–300 µm diameters may be 
attributable to the detachment of grains at the time of sample preparation as described in 
Nishiyama et al. (2012). (c) Pore diameter ( d ) vs. ( )df  and ( )dfd 3  calculated by 
the capillary pressure curve. 
 
 
3.3. Materials and Methods 
3.3.1. Sandstones 
Four Fontainebleau sandstones (Fb), four Berea sandstones (Br), and one Indian 
sandstone (In) were used. Cylindrical core of each sandstone (24–35 mm in diameter 
and 9.5–16 mm in length) was mounted in a resin (Technovit 4004) to seal its lateral 
side and was used for the porosity, permeability, and WEP measurements. Open 
porosity openφ , transport porosity traφ , and permeability meask  (m
2) of each sample are 
summarized in Table 3.1. openφ  was measured from the difference between the 
water-saturated and dry weights of the sample. traφ  was determined by the WEP 
measurement, as the procedure is described later (for details, see Yokoyama and 
Takeuchi (2009)). meask  was measured using a gas permeameter, following the same 
procedure reported in Yokoyama and Takeuchi (2009). Cylinders of samples 2 and 5 
with 14 mm in diameter and 5–10 mm in length (no lateral seal) were also made for the 
MIP measurement (AutoPore IV 9500, Micromeritics).  
 
 
Table 3.1. Physical properties, parameters of the KT model determined from the capillary 
pressure curves measured by water-expulsion method (for samples 2 and 5, data of 
mercury intrusion porosimetry are also shown), and measured and calculated 
permeabilities of sandstone samples. 
a Fb: Fontainebleau sandstone, Br: Berea sandstone, In: Indian sandstone. 
Sample 1 2 3 4 5 6 7 8 9 
Sandstonea Fb Fb Fb Fb Br Br Br Br In 
φopen (%) 5.7  6.1 (6.0)
d 10  26  16 (14)d 18  21  20  14  
φtra (%) 3.2  3.7  7.3  20  8.1  11  13  13  5.6  
kmeas (10
−13 m2) 0.11 0.16 2.0 29 0.20 0.83 4.7 20 0.12 
dc (µm) 13 13 (12)
d 25 59 13 (9.2)d 21 37 58 8.9 
dmax
h (µm) 11 11 (10)d 22 43 8.9 (8.1)d 18 30 42 6.9 
f(dmax
h) 0.38 0.38 (0.46)d 0.49 0.48 0.46 (0.21)d 0.28 0.48 0.43 0.26 
kKT
b (10−13 m2) 0.23 0.25 (0.27)d 2.4 18 0.44 (0.18)d 1.4 7.8 13 0.16 
kKT
c (10−13 m2) 0.13 0.15 1.7 14 0.23 0.85 4.9 8.0 0.061 




b Calculated from Eq. (3.2) with openφ . 
c Calculated from Eq. (3.2) with traφ . 
d Data in parentheses were determined using the mercury intrusion method. 
 
 
3.3.2. Measurement of Transport Pore Size Distribution 
WEP was applied to the nine water-saturated samples to measure the size 
distribution of transport pores. A brief outline of the experimental procedures is provide 
here (for more details, see Nishiyama et al. (2012) and Chapter 2 in this thesis). When a 
gas pressure is applied to the lower end of the water-saturated sample, pore water is 
expelled from the upper end. Assuming cylindrical pore geometry, the pressure 
difference between the lower and upper ends of the sample P∆  (Pa) and the diameter 








where γ  is the surface tension of the water-gas interface (for water-air system, 7.28 × 
10−2–7.20 × 10−2 N m−1 at 20–25°C), and θ  is the contact angle between solid and 
water (assumed to be 0°, as with Gelinas and Angers (1986)). According to Eq. (3.3), 
water is expelled first from the largest pores, and water in smaller pores is progressively 
expelled with increasing P∆ . By measuring the volume of expelled water with 
increasing P∆  in incremental steps, the pore size distribution of transport pores that 
can be converted to capillary pressure curve is obtained, and transport porosity is also 
determined from the total amount of expelled water. The volume of water expelled at 
each P∆  was measured by wiping the water with a dry tissue until water expulsion 
ceased and measuring the change in the weight of the tissue. 
The experiments were conducted at 20–25°C. Compressed air, humidified before 
injecting into the sample (relative humidity ~93%), was used as a working gas. The 
maximum pressure applied was P∆  = 1.0 × 105–2.0 × 105 Pa, equivalent to pore 
diameters of 1.4–2.9 µm. For sample 2, the maximum pressure was confirmed to be 
enough to extrude almost all water from transport pores (Nishiyama et al., 2012 and 
Chapter 2 in this thesis). However, some water in transport pores might remain, 
especially for the samples having smaller pore diameters. As an example, the pore size 
distribution of sample 5 measured by MIP shows that pores of <1.4 µm occupy 22% of 
open pores (Fig. 3.1b). If some of the 22% corresponds to transport porosity, the true 




value of transport porosity is somewhat larger than the value determined for the pores of 
≥1.4 µm by WEP.  
 
 
3.4. Results and Discussion 
3.4.1. Prediction of Permeability by Applying WEP Results to the KT Model 
The capillary pressure curves and the pore size distributions of the nine samples 
determined by WEP are shown in Fig. 3.2. cd  of each sample was determined from the 
pressure at the inflection point on the capillary pressure curve using Eq. (3.3). ( )dfd 3  
was calculated from the result of WEP, and hmaxd  was determined from the peak of the 
( )dfd 3  (Fig. 3.2). The values of cd , hmaxd , and ( )hmaxdf  obtained are summarized in 
Table 3.1. Fig. 3.3 compares the permeabilities measured using a gas permeameter with 
the values predicted using the results of WEP (unfilled square). In the calculation, openφ  
was used as φ  in Eq. (3.2), as with Katz and Thompson (1987). The predicted 
permeabilities KTk  are in good agreement with the measured values meask  within a 
factor of three. To compare the accuracy of KTk  predicted by WEP with those by MIP, 
cd , 
h
maxd , and ( )hmaxdf  of samples 2 and 5 were determined from the data of MIP (the 
result of sample 2 is shown in Fig. 2.1b and that of sample 5 is shown in Fig. 3.1). The 
parameters obtained are given in Table 3.1, and the resultant values of KTk  are plotted 
in Fig. 3.3 (unfilled circle). The values of cd , 
h
maxd , and ( )hmaxdf  determined by WEP 
and MIP are revealed to be similar, although the two methods yield the size distribution 
of different types of pores. The KTk  determined by WEP are as close to the measured 
values as those by MIP, which demonstrates that the results of WEP are not inferior to 
those of MIP in applying to the KT model. 
Although openφ  has been conventionally employed in applying to the KT model, 
open pores include pores unavailable for fluid flow as noted previously. As is seen in 
Table 3.1, traφ  is always smaller than openφ , that is, there are some pores not 
contributing to flow. Here, we attempted to use traφ  instead of openφ  in calculating 
KTk  using Eq. (3.2). In Fig. 3.3, it is apparent that KTk  calculated by traφ  (filled 
diamond) are closer to the 1:1 line than those calculated by openφ , suggesting that traφ  
rather than openφ  is suited for calculating permeability by the KT model. This is 
consistent with the physical meaning of traφ  that transport pores do not include pores 
that are not serving as flow path. 
 
 





Fig. 3.2. Capillary pressure curve (blue solid line), pore size distribution (black solid line), 
and calculated ( )dfd 3  (red dotted line), as determined for nine sandstone samples by 
the water-expulsion porosimetry. Arrows represent the pressure at the inflection point on 
each curve relating to the critical pore diameter ( cd ) and the optimum pore diameter 
( hmaxd ), as determined by the procedure of Katz and Thompson (1987). 
 
 





Fig. 3.3. Comparison of measured permeability ( meask ) with the values predicted from Eq. 
(3.2) ( KTk ) using open porosity ( openφ ) and transport porosity ( traφ ). Dashed line shows a 
factor of three deviation between meask  and KTk , which corresponds to the range of 




3.4.2. Application to Predicting the Effective Permeability–Saturation Degree 
Relation 
Finally, we propose a way to predict the effective permeability to water (absolute 
value) as a function of saturation degree using only a capillary pressure curve measured 
by WEP (or pressure plate method). The effective permeability to water at a given S , 
( )Sk  (m2), is calculated by ( ) ( )kSkSk r= , where k  (m2) is the intrinsic permeability 
which can be obtained from a capillary pressure curve and the KT model as we show 
above ( k  can be replaced by KTk ). ( )Skr  is the relative permeability to water at S  
and can be also calculated from the capillary pressure curve. Here, we calculated ( )Skr  
by the Mualem-van Genuchten (MVG) model modified by Lenhard and Parker (1987). 
The modified MVG model has two equations—one describes the capillary pressure 
curve and the other expresses ( )Skr . For the application of the model, first, the 
following equation (van Genuchten, 1980) is fitted to a measured capillary pressure 
curve: ( ) ( )[ ] wr11cwrCPC 11 SαPSS mm ++−= −− , where CPCS  is the water saturation during 
capillary pressure curve measurement, cP  (Pa) is the capillary pressure (= P∆ ), α  
(Pa−1) and m  are shape parameters of capillary pressure curve, and wrS  is the 
residual water saturation that corresponds to the difference of the volume between open 




pores and transport pores (Fig. 3.4a). It should be noted that the determination of wrS  
is possible by WEP but impossible by MIP. ( )Skr  (Fig. 3.4a) can be calculated by 
inserting the obtained value of m  into the expression of ( )Skr  given in Lenhard and 
Parker (1987) and Nishiyama et al. (2012) (Eq. (2.6) in this thesis). Fitting the van 
Genuchten equation to the capillary pressure curve measured for sample 2 (Fig. 3.4a) 
gave m  = 0.82, α  = 4.2 × 10−5 Pa−1, and wrS  = 0.40. The predicted ( )Sk  
(= ( ) KTr kSk ) for sample 2 is plotted in Fig. 3.4b, together with measured values reported 
in Nishiyama et al. (2012). The predicted curve of ( )Sk  agrees well with the measured 
values especially for the curve calculated using traφ . The method presented above is the 
first attempt of predicting both the intrinsic and effective permeabilities of rock using a 
single capillary pressure curve, although the methods to predict each of these 
permeabilities separately have been proposed in previous studies. These discussions 
would contribute not only to facilitating the modeling of multi-phase flow in rock pores 
but also to comprehensively understanding the relation between the intrinsic/effective 
permeabilities and pore structure.  
 
 
Fig. 3.4. (a) Procedure for obtaining KTk , ( )Skr , and ( )Sk  from a capillary pressure 
curve. (b) Comparison of the effective permeability to water ( ( )Sk ) measured at each 
water saturation degree (circle) and the values predicted by combining intrinsic 
permeability ( KTk ) from the KT model with relative permeability ( ( )Skr ) from the 
modified Mualem-van Genuchten (MVG) model. Horizontal axis is the effective 




saturation degree calculated by ( ) ( )wrwre 1 SSSS −−=  because the modified MVG 




Our results demonstrate that to apply the capillary pressure curve of transport 
pores determined by WEP to the KT model is effective for predicting the permeability 
of sandstone. To use traφ  as an input parameter for the KT model was shown to 
improve the predictability of permeability. These findings ensure a way to predict the 
effective permeability–saturation degree relation from a capillary pressure curve only. 
Therefore, our results would be useful not only for estimating intrinsic permeability but 
also for modeling multi-phase fluid flow phenomena including water permeation in 
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Does the Reactive Surface Area of Sandstone Depend 
on Water Saturation?  











To investigate how mineral-water reactive surface area changes depending on water 
saturation, flow-through dissolution experiments were performed using a sandstone core 
at various water saturations. Fontainebleau sandstone with an open porosity of 6.3%, 
consisting of ~100% quartz, was used. The water saturation of the core was adjusted to 
0, 51, or 100%, and at each saturation, water was infiltrated into the core at a constant 
pressure. The experimental results showed that the total amount of dissolved Si did not 
change with decreasing water saturation. It can be therefore concluded that virtually all 
of the mineral surfaces were wetted with water film and allowed the progression of 
dissolution; i.e., the reactive surface area was not affected by water saturation despite 
the presence of air in the pores. The results also suggested that the flushing rate of 
dissolved Si from the interior of the water film to the exterior was fast enough to keep 





Accurate estimation of mineral-water reactive surface area is essential for 
quantifying various geochemical processes including the dissolution and precipitation of 
minerals and the adsorption of dissolved matters. The total surface areas of soils and 
rocks have often been estimated by isotherm adsorption of inert gases such as N2 and Kr 
(Brunauer-Emmet-Teller (BET) method) or by geometric approximation in which 
mineral grains or pores have uniform geometry with smooth surfaces (e.g., White and 
Peterson, 1990; White and Brantley, 2003; Hodson, 2006). 
The rock pores below the water table are usually saturated with water, and all of 
the mineral surfaces exposed to pores may be in contact with water and available for 
reactions. In contrast, rocks above the water table are not saturated with water. This 
region is known as the vadose zone or the unsaturated zone. The depth ranges from a 
few meters to hundreds of meters from the ground surface (Zimmerman and Bodvarsson, 
1989). Under water-unsaturated conditions, some pores are filled with air, which 
potentially results in a low reactive surface area. As an example that may be related to 
this issue, chemical weathering rates differ depending on whether the rates are 
determined in the laboratory or by field-based studies (e.g., Pačes, 1983; Velbel, 1985; 
Schnoor, 1990; Swoboda-Colberg and Drever, 1993; Yokoyama and Banfield, 2002; 
White and Brantley, 2003; Zhu, 2005). The uncertainty in estimating the degree of 
contact between mineral surfaces and water has been proposed as one of the possible 




causes of field-lab discrepancies. In the vadose zone, water saturation (volume of pore 
water / volume of open pore) changes depending on the condition of wetting and drying. 
Therefore, knowledge of the relationship between water saturation and reactive surface 
area is important. However, experimental or theoretical studies that provide such 
information are very limited (Saripalli et al., 2006; Yokoyama, 2013). 
To experimentally evaluate reactive surface area, Kieffer et al. (1999), Colon et al. 
(2004), Noiriel et al. (2004), and Scislewski and Zuddas (2010) carried out flow-through 
dissolution experiments using rock cores under water-saturated conditions and 
estimated the reactive surface area by comparing the amount of elements discharged 
from the rock with the known dissolution rate constants of minerals. A similar approach 
was applied in this study. Water was infiltrated into the sandstone core initially adjusted 
to various water saturations, and the amounts of dissolved elements in the effluent were 
measured. By comparing the amount of dissolution at each saturation level, we 




4.2. Sample Description and Methods 
4.2.1. Rock Sample 
Fontainebleau sandstone from France was used in the experiments. This rock was 
adopted because its flow properties under water-saturated and unsaturated conditions 
were characterized by Nishiyama et al. (2012) and because its simple mineral 
composition can reduce uncertainty in considering reactive surface area. The 
mineralogical composition of the rock was ~100% quartz, which was confirmed by 
X-ray powder diffraction. A scanning electron microscope image (Fig. 4.1a) shows that 
the rock consisted of well-sorted quartz grains with approximate sizes of 200–300 µm. 
These properties coincide with the previous reports of Bourbie and Zinszner (1985), 
Doyen (1988), and Kieffer et al. (1999). Two cylindrical cores of the sandstone 
(diameter 35 mm) having lengths of 9.5 mm (FS-1) and 9.2 mm (FS-2), each mounted 
in a resin (Technovit 4004) to seal its lateral side, were prepared. The sample FS-1 was 
used in all of the flow-through dissolution experiments. The sample FS-2 was used in 
the supplemental experiment for visualizing flow paths using dye (for details, see 
section 4.2.3). The total porosity of the rock was 7.4%, which was determined by 
measuring the bulk density (2.45 × 103 kg m−3) and the solid density (2.65 × 103 kg m−3). 
The open porosity was 6.3% (the fraction of the pores open to the outside of the sample; 
isolated pores are excluded), which was determined from the difference between the 




water-saturated and dry weights. More details of the porosity measurement procedures 
were reported in Yokoyama and Takeuchi (2009). Fig. 4.1b is the pore size distribution 
of the rock measured by mercury intrusion porosimetry. The main pore diameters range 
from 7–43 µm, with a peak of approximately 8–20 µm (measurement range: ca. 8 
nm–500 µm). The approximately 300 µm diameter data may be attributable to the 
artificial surface openings formed by the detachment of quartz grains at the time of 
sample preparation, as noted by Thompson et al. (1987) and Nishiyama et al. (2012). 
The rock has a specific surface area of 0.10 m2 g−1, as measured by the N2 adsorption 
BET method (FlowsorbΙΙΙ 2305, Micromeritics). The BET surface area measurement 
was conducted using grain aggregates of a few millimeters in size in which the pore 
structure of the rock was preserved. The permeabilities of the samples FS-1 and FS-2, 
determined by constant head permeability tests, were both 1.6 × 10−14 m2. This value is 
similar to the value (2 × 10−14 m2) reported in Bourbie and Zinszner (1985).  
 
 





Fig. 4.1. (a) SEM image of the Fontainebleau sandstone sample. (b) Pore size distribution 
of the Fontainebleau sandstone measured by mercury intrusion porosimetry. 
 
 
4.2.2. Flow-through Dissolution Experiments 
















where waterV  (m
3) is the volume of water in pores and poreV  (m
3) the volume of open 
pores. wetW  and dryW  are the wet and dry weights of the sample (kg), respectively, and 
wρ  is the density of water (998 kg m
−3 at 22°C). We determined S  by measuring 
wetW  and dryW  using a digital balance with an accuracy of 0.0001 g. In the 




flow-through dissolution experiments, water was infiltrated into the sample after 
adjusting S . Because S  was not constant during the experiment, we refer to the S  
prior to the infiltration as the pre-flow water saturation “ flow-preS ”. The experiment was 
started under three conditions: flow-preS  = 100% (fully saturated), 51% (partially 
saturated), and 0% (completely dried). To adjust flow-preS  to 100%, the sample was 
inserted in a bottle; the bottle was inserted in a vacuum chamber and degassed; water 
was poured into the bottle while degassing to submerge the sample; and finally, the 
chamber was ventilated, and the rock pores were saturated with water, in the same 
manner as Yokoyama (2013). To adjust flow-preS  to 51%, the sample was saturated with 
water and dried at ambient temperature until flow-preS  became 51%. For flow-preS  = 0%, 
the sample was dried in an oven at 70°C until the weight was stabilized. The same 
sample (FS-1) was used for each flow-preS . The experiment started at flow-preS  = 51% 
was duplicated to verify the reproducibility. Ultrapure water (Milli-Q, 18.2 MΩ) was 
employed throughout the experiments. 
Fig. 4.2 is a schematic of the apparatus used for the flow-through dissolution 
experiment. The sample FS-1 was installed in the sample holder immediately after 
adjusting flow-preS . Under an unsaturated condition, flow occurs either as uniform flow 
or preferential (bypass) flow (Hendrickx and Flury, 2001). The preferential flow is 
furthermore categorized as macropore flow and unstable flow (Wang et al., 1998a). 
When water infiltrates to a downward direction, unstable flow has been known to occur 
depending on flow rate and flow-preS  (e.g., Diment and Watson, 1985; Wang et al., 
1998a; Wang et al., 1998b) even if the sample has homogeneous pore structure (i.e., 
without macropores and cracks). In this study, to conduct the experiment under a 
uniform flow condition, we first started the experiment using the setup shown in Fig. 
4.2b. Pure water was flowed from the bottom to the top of the sample at 22 ± 1 °C by 
applying a constant water head difference of H∆  = 9.7 cm, equivalent to a water 
pressure of 950 Pa ( gwρH∆ , the gravitational acceleration g  = 9.81 m s
−2). The water 
level was kept constant by continuously pumping water into the bottle of the constant 
water level part (Fig. 4.2) so that the water overflowed from the bottle. As water 
infiltrated into the sample, water extruded some of the air in the pores, resulting in a 
water saturation change. To monitor changes in water saturation, the sample was 
weighed at intervals. Water saturation significantly changed in several minutes from the 
onset of the experiment, after which the changes became small (data shown in section 
4.3.1). We considered that the flow reached a quasi-steady state within the first several 
minutes, and the sample holder was turned over to collect effluent water (Fig. 4.2a). The 
output solution pooled in the bottle below the sample holder was periodically collected, 




and its weight was measured by a digital balance to determine flow rate. The solution 
was filtered by a 0.22 µm filter, and the concentration of Si was measured with a liquid 
chromatography instrument (ICA2000; TOA DKK) by the molybdenum blue method 
(post-column reaction) using a UV/VIS detector (UV-2075 plus; Jasco). The error in 
concentration measurement was approximately 8–14%, which was larger than typical 
errors (3–4%) because the concentrations of Si in the output solutions were close to the 
lower detection limit (ca. 3.5 × 10−7 mol kg−1). The concentrations of Si in some of the 
solutions were less than the lower detection limit. For such case the solutions were 
condensed in an oven at 80°C while flowing dehumidified air filtered at 1 µm, and the 
concentration was increased by 3–15 times. To check for Si contamination during 
condensation, ultrapure water was condensed in the same manner as that described 
above. The concentration of Si in ultrapure water, including both the effects of 
contamination from the outside and inherent concentration, was lower than ca. 3.5 × 
10−9 mol kg−1; this leads to an overestimation of the concentrations of Si in the collected 
solutions (mainly at S  = 100%) by less than 6% because the measured concentrations 
were higher than 5.8 × 10−8 mol kg−1. We also confirmed the validity of condensation by 
measuring the Si concentration of the solution that was made by condensing the solution 
of a known Si concentration; the measured value agreed with the expected value within 
the measurement error. 
To describe the concentration dependence of the mineral dissolution rate r  (mol 
m−2 s−1), the following equation is one of the commonly used forms (Steefel and van 
Cappellen, 1990): 
( )nmrr Ω−= 1const  (4.2) 
where constr  is the dissolution rate constant (mol m
−2 s−1), eqKIAP=Ω  
is the 
saturation index of the mineral, IAP  is the activity product, eqK  is the equilibrium 
constant, and m  and n  are the fitting parameters. For the dissolution of quartz, Ω  
is equal to Qzeqcc  and m  = n  = 1 (Berger, 1994; Schott et al., 2009), where c  is 
the Si concentration and Qzeqc  is the Si concentration in equilibrium with quartz. r  is 
equal to constr  at c <<
Qz
eqc . When water infiltrates into the rock, dissolution occurs at 
the position where water contacts mineral, and solution containing the dissolved Si 
flows out from the rock. At a water saturation S , the overall dissolution rate SR  (mol 
s−1) (the dissolution rate of the whole rock core) is given by the following equation: 
SSSS cQrAR ∆== const  (4.3) 




where SA  (m
2) is the reactive surface area, SQ  (kg s
−1) is the mass flow rate passing 
through the rock, and Sc∆  (mol kg
−1) is the difference in Si concentration between the 
input and the output solutions (subscript S  indicates the value at S ). The values of 
SQ  and Sc∆  (thus, SR ) can be directly determined by the flow-through experiment. 
Let us suppose we measure %100=SQ , %100=∆ Sc  and SQ , Sc∆  ( S  can be any value of 
0< S <100%). Then, we can evaluate the extent to which SA  is smaller than %100=SA  
by the following relationship derived using Eq. (4.3): 
( ) ( )%100%100%100 === ∆∆= SSSSSS cQcQAA  (note constr  does not depend on S  as long as 
dissolution occurs at far from equilibrium condition).  
 
  
Fig. 4.2. Schematic of the apparatus used for the flow-through dissolution experiment. 
 
 
4.2.3. Visualization of Pore Water and Air during Flow-through Experiment 
To evaluate how water and air are distributed in the rock under unsaturated 
conditions, flow paths were visualized by dye solution using the same experimental 
setup as the flow-through dissolution experiment (Fig. 4.2b). Methylene blue solutions 
have been used for visualizing flow paths in porous media (e.g., Sygouni et al., 2006; 
Schneider et al., 2011) and we used this method. A methylene blue aqueous solution 




(8.1 g L−1) was infiltrated from the bottom of the dried sample (sample FS-2 at flow-preS  
= 0%) by applying a constant water head difference of 10 cm. To monitor how the 
solution discharges, the top of the sample was intermittently photographed using a 
digital microscope (Dino-Lite, AnMo Electronics Corp.). After approximately 4 hours 
passed, the sample was taken out from the sample holder and weighed to determine the 
water saturation. Then, the sample was immediately cut in the direction parallel to the 




4.3.1. Water Saturation 
Fig. 4.3a shows the temporal changes in water saturation. At flow-preS  = 0% and 
51%, the water saturation increased rapidly within several minutes from the onset of the 
experiment. The saturations were still changing after several hours had elapsed, but the 
changes were much smaller. As a representative saturation in each experiment at 
flow-preS  = 0% and 51%, flowS  is defined as an average value of water saturation after 
the inflow ( flowS  = 46% and 76% at flow-preS  = 0% and 51%, respectively) and 
hereafter the data are presented using flowS . The changes in water saturation indicated 
that some of the air was extruded by percolating water while other air was enclosed by 
water and immobilized, especially at the onset of the experiment. Such air is referred to 
as “entrapped air” (Faybishenko, 1995). Suzanne et al. (2003) measured the amount of 
entrapped air using Fontainebleau sandstone having a porosity of 8.5% and reported that 
air was trapped in 69% and 38% of the pore space for flow-preS  = 6% and 50%, 
respectively. Our result, air was trapped in 60% and 32% of the pore space immediately 
after the infiltration at flow-preS  = 0% and 51%, generally agrees with the reported 
values. Although some difference exists, this may be due to the difference in fluids used 
(they used oil (strongly wetting for rock) as substitute for water).  
 
 
4.3.2. Mass Flow Rate 
Fig. 4.3b shows the temporal changes in the mass flow rate. The lower the flowS  
is, the lower the flow rate. The flow rates at flowS  = 46% and 76% were respectively 
5–7% and 20–34% of the flow rate at flowS  = 100%. The results of the first and second 
runs started at flow-preS  = 51% was highly reproducible, both for water saturation and 
the flow rate (Figs. 4.3a and b). As time passed, the flow rate at flowS  = 46% 
moderately decreased, whereas that at flowS  = 76% slightly increased. The changes in 




flow rate with time may be related to the reduction in the entrapped air due to 
dissolution into the pore solution and/or due to the migration of entrapped air to 
different positions. Because the changes in water saturation and flow rate after the initial 
rapid changes were small (Figs. 4.3a and b), it seemed that stable flow paths were 
formed and maintained for at least the time period of our experiment (~3 days).  
 
 
4.3.3. Concentration of Dissolved Si 
Fig. 4.3c shows the temporal changes of the Si concentration in the output 
solutions. For all experiments started at different flow-preS , the Si concentration initially 
decreased by a factor of 3–5. The changes became moderate after approximately 20 
hours passed. The results of the first and second runs started at flow-preS  = 51% were 
highly reproducible. The Si concentration in equilibrium with quartz under our 
experimental condition (22 °C and pH 6) was 8.9 × 10−5 mol kg−1, which was calculated 
using PHREEQC software (Parkhurst and Appelo, 1999) with the minteq database. At 
any flowS , the Si concentration in the output solution was significantly lower than the 
equilibrium Si concentration ( c / Qzeqc  = 0.03–0.002 for the initial 20 hours, and c /
Qz
eqc  
= 0.01–0.0007 for the latter period), and the effect of Ω  on the dissolution rate was 
fairly small.  
 





Fig. 4.3. Temporal evolutions of the water saturation S  (a), the mass flow rate SQ  (b), 
and the dissolved Si concentration in the outlet solution Sc∆  (c) after water infiltrates 
into the sample having flow-preS  = 0, 51, and 100%. The open square represents the 
second run started at flow-preS  = 51%. 






4.3.4. Distribution of Flow Paths in the Water-unsaturated Sample 
Fig. 4.4a is a photograph of the top of the sample (FS-2) before the infiltration of 
the methylene blue solution ( flow-preS  = 0%) and Figs. 4.4b and c are those after the 
discharge of the solution ( flowS  = 37%). The upper surface was wholly stained by the 
solutions discharged from many pores (Figs. 4.4a–c). Some of the discharged solutions 
gathered each other and spread widely (Figs. 4-4b and c). From Fig. 4.4c, the spacing 
between flow paths was roughly estimated to be 0.3–3 mm. Therefore, at least flow 
does not occur only at several preferential paths, although difference in the size of 
droplets indicates the variation of flow rate. Fig. 4.4d shows the cut surface of the 
sample (cut parallel to the direction of water flow). The blue portions correspond to the 
positions where water passed, whereas the uncolored portions correspond to the 
positions where air was trapped (or isolated pores). The uncolored areas with sizes of a 
few hundred micrometers can be found throughout the cross section, and those with 
larger sizes (a few millimeters) are also present locally. Kumar et al. (2010) performed 
water-injection experiments using Fontainebleau sandstone cores having different 
porosities (14% and 19%) and measured the size of entrapped air using X-ray 
microtomography. For both porosities, the main sizes of the entrapped air were 0.1–1 
mm but larger air having a length of approximately 2 mm was also observed. Our 
observation is consistent with the result of Kumar et al. (2010).  
 





Fig. 4.4. Images of the top of the sample FS-2 (a) before ( flow-preS  = 0%) and (b, c) after 
the infiltration of dye solution ( flowS  = 37%). In (c), positions of small droplets are 
highlighted by red arrows as a guide for identifying them. (d) Image of the cut surface of 
the sample at flowS  = 37% parallel to the flow direction. The direction of the injection of 
water is shown as arrows. 
 
 
4.3.5. Dissolution Rate under Water-saturated and Unsaturated Conditions 




The overall dissolution rate at each water saturation, determined from the flow 
rate and dissolved Si concentration, is shown in Fig. 4.5. For all experiments started at 
different flow-preS , the temporal change in the overall dissolution rate showed a similar 
trend; the rates decreased during the initial 20 hours and then became approximately 
stable. After an almost constant rate was attained, the values obtained were %100flow =SR  = 
(9.3 ± 0.2) × 10−14, %76flow =SR  = (8.8 ± 0.9) × 10
−14 (first run at flow-preS  = 51%), 
%71flow =S
R  = (9.3 ± 0.3) × 10−14 (second run at flow-preS  = 51%), and %46flow =SR  = (9.0 ± 
1.0) × 10−14 mol s−1. Hence, the overall dissolution rates at each flowS  were almost 
equal. In addition to the comparison of the steady state dissolution rate, we compared 
the total amount of dissolved Si in the initial 22–24 hours of the experiment at each 
flowS ; the obtained values were 1.0 × 10
−8, 0.98 × 10−8, and 1.1 × 10−8 mol at flowS  = 
100, 71 (second run at flow-preS  = 51%), and 46%, respectively. Thus, the amount of 
dissolution did not depend on water saturation even before reaching the steady state. 
As the composition of Fontainebleau sandstone is almost 100% quartz, we 
determined the dissolution rate of quartz normalized to a BET surface area by using the 
results of the flow-through dissolution experiment and compared it with the previously 
reported dissolution rate constant of quartz. At flowS  = 100%, all quartz surfaces can be 
regarded as wet and reactive. Fig. 4.6 shows the dissolution rates calculated by Eq. (4.3) 
using the results at flowS  = 100% ( %100flow =SQ  and %100flow =∆ Sc ) and the surface area 
measured by the BET method (0.10 m2 g−1 × 21.8 g = 2.25 m2). The dissolution rate 
decreased for approximately 20 hours from the onset of the experiment and then 
approached an almost stable value. The dissolution rate at a quasi-steady state computed 
after ∼20 hours of reaction was 4.1 × 10−14 mol m−2 s−1. Quartz dissolution rates in pure 
water at 23 °C were previously reported by Tester et al. (1994) to be 5.8 × 10−15 – 3.5 × 
10−14 mol m−2 s−1 as shown in the grey area in Fig. 4.6. The rate in this study is slightly 
higher than the reported ones but is still in reasonably good agreement.  
 
 





Fig. 4.5. Temporal evolutions of the overall dissolution rate SR  after water infiltrates 




Fig. 4.6. Changes in the dissolution rate of Fontainebleau sandstone normalized to BET 
surface area with elapsed time. The dashed line represents the dissolution rate at a 
quasi-steady state. The gray area corresponds to the quartz dissolution rates reported by 
Tester et al. (1994). 
 





4.4. Reactive Transport in Water Film and Its Relevance to Reactive Surface Area 
The results of the flow-through dissolution experiment using Fontainebleau 
sandstone indicated that the reactive surface area was unaffected by water saturation. 
Even if air occupies the pores, dissolution can proceed as long as the mineral surfaces 
are wetted by water film. Thus, the presence of wetting film is the most likely 
explanation for our experimental results. In addition, the results suggest that the flushing 
of dissolved Si from the interior of the film to the flow paths is fast enough to keep the 
concentration of Si in the water film far lower than the equilibrium concentration of 
quartz. The roles of water film in reaction and transport have been considered also in 
several previous studies, such as in the cases of the dissolution and growth of calcite 
(single crystal) exposed to air (Stipp et al., 1996; Hausner et al., 2007), diffusion of 
solutes (Schaefer et al., 2000; Hu and Wang, 2003) and electron conduction (Han et al., 
2009) in porous media. Our experimental results provide a new perspective that water 
film plays an essential role in the dissolution behavior in rock pores under 




To determine the relationship between water saturation and reactive surface area, 
flow-through dissolution experiments were conducted at initial water saturations of 0, 
51, and 100% using Fontainebleau sandstone consisting of ~100% quartz. The total 
amount of dissolution did not decrease with decreasing water saturation, which 
indicated that the reactive surface area remained constant because all of the mineral 
surfaces were wetted with water film even though air was present in the pores under low 
water saturation. Furthermore, the experimental data suggest that the flushing of 
dissolved Si from the interior of the film to the exterior was fast enough to maintain a 
low concentration compared to the equilibrium concentration of quartz. It can be 
therefore concluded that the reactive-transport in water film plays an important role for 
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Estimation of Thickness of Water Film on Pore Wall 











When water and entrapped gas co-exist in pore spaces of a geological medium, a water 
film is formed on grain surfaces and plays an important role in chemical reaction and 
mass transport. We developed a model to estimate the film thickness in a geological 
medium using a concept of disjoining pressure associated with the electric double layer 
force and van der Waals force. Water film is assumed to be in equilibrium with water 
vapor in entrapped gas. By using the Kelvin equation which relates pore size to relative 
humidity, we obtained an expression describing the relationship between the water film 
thickness, relative humidity, and pore diameter. The model indicates that to know the 
pore sizes at which gas is trapped is important for estimating the thickness of the water 
film under the occurrence of gas entrapment. The model shows that larger pores have 
thicker water film. We also discussed the dependence of film thickness on pore size 




When water infiltrates into a dry or partially saturated geological medium, some 
of gas (e.g., air) is confined by water and remains in pore spaces. Such gas, often 
referred to as “entrapped gas”, is known to influence the permeability of geological 
media (e.g., Nishiyama et al., 2012) and is becoming an effective mechanism in the 
storage of CO2 in aquifers (e.g., Pentland et al., 2011). Previous experimental studies 
using sandstone (Nishiyama and Yokoyama, 2013) and rhyolite (Yokoyama and 
Nishiyama, 2013) have found that the reactive (mineral-water contact) surface area of 
the rocks in the presence of entrapped air was almost identical to that under 
water-saturated condition. These findings have suggested that even if air is trapped in 
pores, the pore walls are wetted by water film and mineral-water interaction can proceed. 
Nishiyama and Yokoyama (2013) have shown that the thickness of water film on 
mineral surface in an unsaturated rock is a controlling factor of the dissolution rate of 
the mineral. This means that the estimation of the film thickness is important in the 
quantitative understandings of the reactive-transport behavior in the vadose zone. 
Earlier experimental studies have estimated the thickness of water film adsorbed 
on mineral plates as a function of relative vapor pressure or the pressure in water film 
(e.g., Pashley and Kitchener, 1979; Bohr et al., 2010). The relationship between film 
thickness and the pressure in the film associated with electric double layer and van der 
Waals forces have been also theoretically considered on the basis of 
Derjaguin-Landau-Verwey-Overbeek (DLVO) theory (e.g., Derjaguin and Churaev, 




1974; Churaev, 2003). Recently, some studies have applied the DLVO theory for 
predicting the film thickness in geological media under the conditions including water 
drainage and imbibition events (Tuller et al., 1999; Tokunaga, 2011), injection of 
gaseous/supercritical CO2 into water-bearing media (Tokunaga, 2012), and extraction of 
pore water by centrifugation (Yokoyama et al., 2011). Under these conditions, gas is 
connected to atmosphere but not trapped in pores. On the other hand, to our knowledge, 
no previous work has addressed the thickness of the water film under the condition that 
gas is trapped in pores. In this study, we focus on the water film present between 
minerals and entrapped gas, and try to evaluate the water film thickness based on the 
DLVO theory.  
 
 
5.2. Model to Estimate Thickness of Water Film between Grain Surfaces and 
Entrapped Gas 
To estimate the thickness of water film by applying the DLVO theory, we assume 
that the water film between mineral grain and entrapped gas is in equilibrium with the 
water vapor in the gas. The vapor pressure depends on the curvature of the meniscus 
formed at the interface between gas and water (Fig. 5.1a). Assuming that the curvature 
is equivalent to the pore radius 2pored  (m), the relative vapor pressure p / satp  in the 

























where R  is the gas constant (J K−1 mol−1), T  is the absolute temperature (K), wV  is 
the molar volume of water (= 1.8 × 10−5 m3 mol−1 at 25°C), p  is the vapor pressure in 
the entrapped gas (Pa), satp  is the saturated vapor pressure (Pa), RH  is the relative 
humidity (%), and γ  is the water-gas interfacial tension (N m−1). Based on Eq. (5.1), 
p / satp  in the entrapped gas is less than 1 (i.e., RH  < 100%) and the degree of 
deviation of p  from satp  depends on pored . 
The water film on a solid surface is subject to a force perpendicular to the plane of 
the film as it opposes film thinning, owing to the interfacial interactions between 
solid/water film/gas. The pressure due to this force is termed as disjoining pressure Π  
(Pa) (e.g., Derjaguin and Churaev, 1974). When equilibrium is attained between water 
film and surrounding vapor, Π  is related to the relative vapor pressure (Tuller et al., 
1999; Churaev, 2003; Mercury and Nakashima, 2004): 


















Π  is a function of the film thickness h  (m) and determined by the summation of 
interaction forces, usually electrostatic, van der Waals, and structural forces (Derjaguin 
and Churaev, 1974): 
( ) ( ) ( ) ( )hhhh sme Π+Π+ΠΠ =  (5.3) 
where ( )heΠ , ( )hmΠ , and ( )hsΠ  are the electrostatic, molecular, and structural 
components, respectively. We consider only ( )heΠ  and ( )hmΠ  in the same way as 
the work of Lebeau and Konrad (2010) and Tokunaga (2011). 
( )heΠ  originates from the compression of the electric double layer into a 
confined space (compare Figs. 5.1b and c). To describe the film thickness for a 
low-concentration aqueous solution adsorbed on the surface with a high electrostatic 
















=Π  (5.4) 
where rε  is the static relative permittivity of water (= 78.41 at 25°C), 0ε  is the 
permittivity of free space (= 8.85 × 10−12 C2 J−1 m−1), Bk  is the Boltzmann constant (= 
1.38 × 10−23 J K−1), e  is the electron charge (= 1.60 × 10−19 C), and Z  is the ion 








h −=Π  (5.5) 
where svlA  (J) is the Hamaker constant for solid-vapor interactions through the 
intervening liquid. The range of the svlA  of some minerals reported in Tokunaga (2011) 
is −6.0 × 10−21 – −4.5 × 10−20 J (Table 5.1). The inset of Fig. 5.2 shows Π , eΠ , and 
mΠ  as a function of h  for quartz-water-air system at 25°C. The thickness of water 
film, especially for >10 nm, is mostly controlled by the electric double-layer force. The 
comparison of experimentally measured relationship between Π  and h  with that 
predicted by Eqs. (5.2)–(5.5) demonstrates the validity of the theories (Fig. 5.2). 
By combining Eqs. (5.1)–(5.5), we have: 



























Using this equation, we can determine h  with a given pored , mineral, and solution. 
This equation shows that the film thickness for a given mineral and solution 
composition is controlled by the diameter of the pore in which gas is trapped. There is a 
possibility that h  is affected by other factors such as surface roughness and shape of 
pore, but these effects are not considered. It should be noted that the use of the above 
equations may result in a thinner thickness than the actual value as experimental 
evaluations yielded thicker film than that predicted by the Langmuir model for h  < 30 
nm (Israelachvili, 1992).  
 
Table 5.1. Hamaker constants (Aslv) of various minerals reported by Tokunaga (2011). 
Mineral Aslv (J) 
SiO2 −6.0 × 10−
21 – −1.3 × 10−20 
Al2O3 −4.1 × 10−
20 
α-Al2O3 −3.8 × 10−
20 – −3.9 × 10−20 
α-FeOOH (goethite) −4.5 × 10−20 
TiO2 −3.7 × 10−
20 
Muscovite mica −2.4 × 10−20 – −3.4 × 10−20 
Illite −4.5 × 10−20 
Kaolinite −3.1 × 10−20 – −4.2 × 10−20 
Montmorillonite −2.7 × 10−20 – −4.9 × 10−20 
CaCO3 −2.4 × 10−




Fig. 5.1. (a) Schematic of pore spaces where water and entrapped gas co-exist. Grain 




surfaces are coated with water films. Schematic of electric double layer (EDL) near 
negatively charged solid surface for semi-finite system (b). In water film (c), EDL is 




Fig. 5.2. Relationship between water film thickness ( h ) and disjoining pressure ( Π ) 
measured by experiments (points) and calculated by Eqs. (5.2)–(5.5) (line). Inset: h  vs. 
Π  and its electrostatic ( eΠ ) and molecular ( mΠ ) components, calculated for 
quartz–water–air system ( svlA = −1.3 × 10
−20 J) at 25°C. 
 
 
5.3. Results and Discussion 
A geological medium usually has pores of various sizes. This means that the 
thickness of water film also has variation, because of the existence of the h - pored  
relationship (Eq. (5.6)). To consider the variation of film thickness, we need the pore 
size distribution (PSD) of a geological medium of interest, which can be measured by 
the method such as mercury intrusion porosimetry. In this study we consider 
hypothetical pore size distributions (blue solid and dotted lines in Fig. 5.3). In addition, 
we need to know the pore sizes at which gas is trapped, which can be estimated either 
by theoretical calculation or by direct measurement of the size of entrapped gas 
(Nishiyama et al., 2012 and Fig. 2.8 in this thesis). As a theoretical approach, Parker 




and Lenhard (1987) introduced an assumption that each size of pore entraps gas in 
proportion to its volume, in an attempt to predict relative hydraulic conductivities. This 
assumption was used in this study as a first approximation. The solid line (red) in Fig. 
5.3 calculated by Eq. (5.6) is the relationship between film thickness and pore diameter 
for “quartz–dilute 1:1 aqueous solution ( Z  = 1)–air” system at 25 °C, showing that 
larger pore has thicker film thickness. The range of the film thicknesses for a given 
geological medium can be determined by the range of the pore size, as is described as 
maxh  and minh  in Fig. 5.3. The broader the pore size distribution, the broader the range 
of the film thickness (compare cases 1 and 2 in Fig. 5.3). 
These results provide an insight into the role of water film in water-rock reaction. 
Because the efficiency of flushing of dissolved elements in a film will be lower in 
thinner film and thereby the concentration in the film will be subject to near the 
equilibrium concentration, the dissolution rate of the mineral coated with a water film 
will depend on pore diameter; the smaller the pores, the slower the dissolution rate. The 
model for estimating film thickness proposed in this study will be useful in considering 
the reaction and transport occurring in water film under the presence of entrapped gas.  
 
  
Fig. 5.3. Pore diameter (dpore) vs. water film thickness (h) (red line). Hypothetical pore 




We constructed a model to estimate the thickness of water film between mineral 




grains and entrapped gas based on a concept of disjoining pressure associated with 
electric double layer force and van der Waals force. The model reveals that the water 
film thickness is controlled by pore diameter, mineral composition, and the type of ion 
in pore solution. Our model shows that larger pore has thicker film thickness. It also 
indicates that the broader the pore size distribution, the broader the range of the film 
thickness. The model proposed in the present study will be useful in considering the 
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A Reactive-Transport Model for Water Film  











A reactive-transport model for quantitatively describing the dissolution and diffusion in 
water film was derived. The model shows that the solute concentration in a film is a 
function of the film thickness, diffusion length, dissolution rate of the mineral, 
equilibrium concentration, and roughness factor. As for the Fontainebleau sandstone, 
film thicknesses of 7–18 nm and diffusion lengths of 300–600 µm were estimated. The 
reactive-transport calculation confirmed that the overall dissolution rate of 
Fontainebleau sandstone sample was almost unaffected by water saturation, owing to 
the high flushing efficiency of dissolved Si in water film, which agrees with the 
experimental result. The model found the condition that even if the mineral-water 
“contact” area is similar between saturated condition and unsaturated conditions due to 
the presence of water film, the surface area available for dissolution under unsaturated 
condition is lower than that under saturated condition due to the retardation of 
dissolution by slow flushing. By seeking this condition for rocks with a variety of 
mineral compositions, grain sizes, and pore diameters, a diagram to assess whether the 
reactive surface area decreases with water saturation was obtained. The model can 
provide a basic concept for evaluating the role of water film on the dissolution behavior 




The flow-through dissolution experiments using the Fontainebleau sandstone 
(~100% quartz) at various water saturations have shown that total amount of dissolved 
Si did not change with decreasing water saturation. The results are most likely to be 
explained by the occurrence of dissolution and mass transport in water film wetting 
quartz grain surfaces in air-containing pores. Because the dissolution rate of a mineral 
generally decreases with increasing solute concentration, the results also suggested that 
the flushing of dissolved Si through water film was fast enough to keep the 
concentration in the film low compared to the equilibrium concentration of quartz. In 
this chapter, to theoretically underpin this finding, we constructed a reactive-transport 
model considering the effect of water film. Such reactive-transport modeling is useful 
because it can provide knowledge of the factors that control the reactive-transport 
process and solute concentration in water film and it enables to predict the behavior of 
dissolution induced by water film for rocks having various mineral compositions and 
pore structure.  
 





6.2. Model for Coupled Dissolution-Diffusion through Water Film 
For modeling the dissolution and transport occurring in water film, we assume 
that a pore has a cylindrical shape with a diameter of pored  (m) and that the central part 
of the pore is occupied by air (Fig. 6.1a). The pore wall is composed of a uniform 
mineral and wetted by water film with a thickness of h  (m) and a length of L  (m) 
(diffusion length). In the water film, the solute concentration increases from the flow 
path toward the film and thereby diffusional transport occurs. However, advective 
transport in the film may also occur. Thus, we first estimated whether diffusion or 
advection dominates the overall mass transport in water film. The relative amount of 
elemental flux of diffusion versus flow can be described using the Péclet number ( Pe , 
dimensionless) (e.g., Lasaga, 1998): 
0D
vL
Pe =  (6.1) 
where v  (m s−1) is the flow velocity and 0D  (m
2 s−1) is the self-diffusion coefficient. 
At low Péclet numbers ( Pe  << 1), diffusion dominates the mass transfer and the flow 
is negligible. In contrast, for Pe  >> 1, the transport is mainly controlled by the flow. 
The volume flow rate filmq  (m
3 s−1) through the circular wetting film, as described in 











=  (6.2) 
where filmH∆  (m) is the water head difference in the water film and LH film∆  
corresponds to the hydraulic gradient in the film. The flow velocity can be calculated 
















Because a hydraulic gradient of ∼10 was applied to the sample in our flow-through 
dissolution experiments, LH film∆  = 10 was assumed as a maximum value. Fig. 6.2 
shows the Pe  calculated from Eqs. (6.1) and (6.3) as a function of the water film 
thickness and L . For film thicknesses of 7–18 nm and L  of 300–600 µm, similar to 
our sample (procedures of estimating these parameters are described below), Pe  is 
lower than 1 (Fig. 6.2). Therefore, it is reasonable to assume that the transport of 
dissolved Si in the wetting film of our sandstone sample is mainly controlled by 




diffusion rather than by advection. If LH film∆  is lower than the above case ( LH film∆  
= 10), Pe  becomes lower and the contribution of diffusion becomes much larger than 
advection, which often seems to be the case with Earth’s surface conditions (Fig. 6.2). 
Our reactive-transport model, therefore, considers diffusional transport only, but the 
flushing rate of solute becomes faster if the contribution of advection is added to the 
model. 


























































D  (6.4) 
where c  (mol m−3) is the concentration of a dissolved solute in the water film, t  (s) is 
the time, x  (m) is the position in the water film ( x  = 0 and x  = L  correspond to 
the position where water film connects to the adjacent water-filled pore), and eqc  (mol 
m−3) is the equilibrium concentration. filmV  (m
3) is the volume of water film and is 
given by ( ) ( ) ( )LhdhLhdLdV −=−−= pore2pore2porefilm π2π2π . A  (m2) is the 
mineral-water reactive surface area and is assumed to be equal to λLd poreπ , which is 
the product of the geometric surface area of the pore wall ( Ld poreπ ) and a roughness 
factor ( λ ). λ  is calculated by BET surface area / geometric surface area and is usually 
greater than 1 (White, 2008; White and Peterson, 1990). The magnitude of λ  may be 
attributed to etch pits, internal pores, and the surface topography of grains. Although 
such surface roughness may affect L , surface holes smaller than the pore size are 
expected to be filled with water under thermodynamic equilibrium with vapor due to 
capillary condensation. Thus, it is unlikely that solutes migrate through the tortuous film 
along the surface roughness as long as the surface holes are small; therefore, the use of 
L , which is equal to the length along the smooth surface, is reasonable. In Eq. (6.4), m  
= n  = 1 in Eq. (4.2) was assumed because otherwise, it was difficult to obtain an 
analytical solution. Although a numerical solution can be gained for various m  and n , 
the analytical solution has an advantage in clarifying the parameters controlling the 
dissolution-transport behavior in wetting film. At steady state ( 0=∂∂ tc ), the solution 
of Eq. (6.4) is given by 
( ) eqcFeEexc xx ++= −αα  (6.5) 























where E  and F  are constant. Under the boundary condition of ( )0c  = ( )Lc  = 1c , 
the solution is  











αα  (6.6) 
Fig. 6.1b shows the concentration profiles calculated by Eq. (6.6) for various Lα . The 
concentrations increase with increasing Lα . Here, we define the flushing rate flushR  
(mol s−1) as the diffusional flux of a solute removed from the wetting film. flushR  can 
be calculated by the product of the diffusional flux ( )xJ  (mol m−2 s−1) at x  = 0 and 
L  and the cross-sectional area of the wetting film ( ( )hhd −poreπ ): 
( ) ( )hhdJR −××= poreflush π02  (6.7) 
The equation is multiplied by 2 because it is assumed that solutes are flushed from the 
two ends at x  = 0 and L  (Fig. 6.1a) and the diffusional fluxes at both ends are equal. 




DxJ 0−=  (6.8) 






























At the steady state, flushR  must be equal to the total amount of dissolution from the 
pore wall per unit time ( dissR ). Therefore, the surface area-normalized dissolution rate 
of the mineral exposed to the wetting film filmr  (mol m





































The model presented here shows that the concentration in the film and filmr  are a 
function of the film thickness, diffusion length, pore diameter, far from equilibrium 
dissolution rate, equilibrium concentration, and roughness factor. If pored  >> h , the 
term ( )pore1 dh−  in α  approaches 1 and pored  apparently has no obvious effect on 




the concentration and filmr . Lα  in Eqs. (6.6) and (6.10) relates to Damköhler number 
( Da , dimensionless), accounting for the relative contribution of diffusion and 
dissolution. Da  is expressed as dissflush ττ , where flushτ  and dissτ  are the 
characteristic times for diffusion and dissolution, respectively (Steefel, 2008). If Da  < 
1 ( flushτ  < dissτ ), the diffusion is fast relative to the dissolution. Because 0
2
flush DL=τ  
and constfilmeqfilmdiss rAcV=τ  for the case of the model presented here, Da  is 
expressed as ( ) 0eqpore2const 1 DcdhhLr −λ , which corresponds to ( )2Lα . Fig. 6.1c shows 
how filmr  changes with Lα . For Lα  < 1, the efficiency of flushing in the wetting film 
is good, and low concentrations (Fig. 6.1b) and high dissolution rates (Fig. 6.1c) are 
maintained. In this case, filmr  depends on only the boundary concentration ( 1c ). If 1c  
∼ 0, filmr  is equal to constr  (far from equilibrium dissolution rate). As Lα  increases 
beyond 1, filmr  is more retarded by slow flushing and eventually approaches 0 (Fig. 
6.1c). 
 





Fig. 6.1. (a) Schematic view of the model for coupled dissolution-diffusion through the 
wetting film. (b) Steady-state concentration profiles in wetting film along the axis of a 




pore for Lα  = 0.01, 1, 10, and 100. (c) Dissolution rate in wetting film filmr  as a 
function of Lα . Lα  relates to Damköhler number ( ( )2LDa α= ) and accounts for the 
relative contribution of diffusion and dissolution in wetting film. For Lα  < 1, the 
evolution of the concentration in wetting film is small, and therefore, filmr  is affected 
only by 1c . As Lα  increases, diffusional transport exerts a greater control over filmr  in 




Fig. 6.2. Péclet number ( Pe ) as a function of wetting film thickness and diffusion 
length calculated by Eq. (6.1) at filmH∆ / L  = 10 ( Pe  = 1 at filmH∆ / L  = 1 is also 




6.3. Model Results 
6.3.1. The Case of Fontainebleau Sandstone 
In this section, we calculate filmr  for the dissolution of Fontainebleau sandstone 
in our experimental condition. Parameters required are 0D , constr , eqc , 1c , λ , pored , 
L , and h . These parameters are summarized in Table 6.1. The 0D  of aqueous Si at 
22 °C is 1.0 × 10−9 m2 s−1, based on the relationship of µTD 150 1033.3
−×=  proposed 
by Rebreanu et al. (2008) ( µ  = 9.6 × 10−4 Pa s is the viscosity of water at 22°C). constr  
is 4.1 × 10−14 mol m−2 s−1 (see Chapter 4). 1c  was assumed to be 0 because the Si 




concentrations in the output solutions was significantly low ( eq1 cc  < 0.01 at steady 
state). λ  = 11 was obtained by dividing the BET specific surface area (0.10 m2 g−1) by 
the geometric specific surface area (9.1 × 10−3 m2 g−1). The geometric specific surface 
area was calculated by mgrain6 ρd  (grains were assumed to be smooth spheres), where 
graind  = 250 µm is the mean grain diameter and mρ  is the density of the mineral grain 
(2.65 × 103 kg m−3 for quartz). The pored  are 7–43 µm, based on the measured pore size 
distribution (Fig. 4.1b). L  depends on the size and shape of the entrapped air. In our 
flow path visualization experiment (Chapter 4), entrapped air with sizes of less than 1 
mm was observed throughout the sample. Kumar et al. (2010) also reported that more 
than 70% of the entrapped air in Fontainebleau sandstones is smaller than 600 µm in 
size. Therefore, entrapped air mainly has the lengths of 1–2 grains (300–600 µm). 
Although larger air with sizes of a few millimeters was also found in both studies, L  is 
not necessarily equal to the length of the entrapped air for the following reasons: A pore 
is often connected to several adjacent pores. The number of pores connected to a given 
pore in sandstone, called the coordination number, was reported to be 2–10 (Kwiecien et 
al., 1990). Large, branched, entrapped air would be surrounded by many adjacent 
water-filled pores, and water is flowing in some of the water-filled pores. Because 
solutes are flushed if they reach the nearest flow paths, L  can be shorter than the 
length of entrapped air. Therefore, it seems reasonable to adopt 300–600 µm as L  
values. h  was estimated to be 7–18 nm based on Eq. (5.6) with pored  = 7–43 µm. 
Here, we used Eq. (5.4) to calculate ( )heΠ  because the ionic strengths of pore solution 
during the flow-through dissolution experiments were expected to be very low (only 
quartz was dissolved). We computed ( )hmΠ  with svlA  = −1.3 × 10−20 J for quartz 
(French, 2000). Because h  was sufficiently small compared to the pore diameters of 
the sample (7–43 µm), the pore size dependence of filmr  was negligible. 
Fig. 6.3a shows the concentration profile of dissolved Si for Fontainebleau 
sandstone calculated by Eq. (6.6) using h  = 7 nm and 18 nm for L  = 300 µm. The 
concentration in the wetting film is significantly lower than eqc . Fig. 6.3b shows the 
dissolution rate of quartz in the wetting film ( filmr ) calculated by Eq. (6.10) as a function 
of film thickness. As the film thickness increases, filmr  increases. Fig. 6.3c shows the 
proportion of filmr  to the far from equilibrium dissolution rate constr . From the values 
of filmr  and filmr / constr  (grey areas in Figs. 6.3b and c), filmr  was estimated to be lower 
than constr  by at most approximately 3%. This value is within the error in the 
measurement of overall dissolution rate. These results reveal that when quartz grains are 
in contact with the film in a water-unsaturated condition, the flushing rate of dissolved 
Si is fast enough to keep the concentration sufficiently low, and therefore, the 




dissolution rate is not limited by the flushing (diffusion) through the wetting film. This 
is consistent with the experimental results of flow-through dissolution experiment.  
 
 
Table 6.1. Parameters for calculating the concentration and the dissolution rate of quartz 
in the wetting film of Fontainebleau sandstone.  
Variable Unit Value 
D0 m
2 s−1 1.0 × 10−9 
rconst mol m
−2 s−1 4.1 × 10−14 
ceq mol kg
−1 8.9 × 10−5  
c1 mol kg
−1 0 
λ unitless  11 
dpore µm 7–43 
L µm  300–600 
h nm 7–18 
 
 





Fig. 6.3. (a) Concentration profiles of dissolved Si in wetting film for the case of 
Fontainebleau sandstone. (b) Dissolution rate of quartz in water film ( filmr ) as a function 
of wetting film thickness for L  = 300 and 600 µm. The horizontal dashed line 
represents the dissolution rate at far from equilibrium ( constr ). (c) The proportion of filmr  
to constr  for L  = 300 and 600 µm as a function of thickness. The vertical solid lines 
designate the range of predicted thicknesses of wetting film (see text). The grey area 
corresponds to the range of filmr  and filmr / constr  for the sandstone. 
 
 
6.3.2. Prediction of Effect of Water Saturation on Dissolution Behavior for 
Sedimentary Rocks 
On the basis of the reactive-transport model considering the effect of water film, 
we can consider how water saturation influences the dissolution rate for general cases. 
We focus on sedimentary rocks taking into account the similarity of the pore structure 
with Fontainebleau sandstone. In section 6.2, we evaluated the extent to which the 
concentration in water film is higher than that in the flow path ( 1c ). In a natural system, 
as rain water infiltrates deep underground, the concentrations in the flow paths increase 
and eventually reach equilibrium. Here, we seek for the condition at which the flushing 




rate of solutes in the film is sufficiently fast and dissolution rates in the flow path and in 
the film become equal. If the concentration in the flow path at a particular depth is 1c , 
the dissolution rate of the mineral exposed to the flow path pathr  (mol m
−2 s−1) is given 
by  
( )eq1constpath 1 ccrr −= . (6.11) 
In addition, the dissolution rate in water film around the corresponding depth ( filmr ) is 
described by Eq. (6.10). As an index to evaluate the proximity of filmr  to pathr , we use 


















If pathfilm rr  ∼ 1 ( Lα  < 1), the flushing of solute in water film is fast enough that the 
concentration in the film is close to 1c  (Fig. 6.1b). As pathfilm rr  decreases from 1 to 0 
( Lα  > 1), the flushing efficiency decreases and the concentration in the film 
approaches eqc  (Fig. 6.1b). At the low flushing efficiency, the mineral-water “contact” 
area may be similar between water-saturated and unsaturated conditions, but the 
“active” surface area under unsaturated conditions is lower than that under saturated 
condition. Fig. 6.4 shows the values of pathfilm rr  for quartz, K-feldspar, and kaolinite 
plotted against film thickness for L  = 100 and 1000 µm with λ  = 10 and 1. For 
simplicity, congruent dissolution was assumed and the dissolution and transport of Si 
was considered. The values of constr  and eqc  used are those at 25°C and pH = 5 (Table 
6.2). As the film thickens and the diffusion length and roughness factor decrease, 
pathfilm rr  approaches 1. It is possible to evaluate the condition at which filmr  is 
approximately similar to pathr  for given minerals and grain sizes. Quartz (Qz), 
muscovite (Ms), albite (Ab), K-feldspar (Kf), anorthite (An), diopside (Di), forsterite 
(Fo), and Kaolinite (Ka) were chosen, and for each mineral the condition at which 
pathfilm rr  is larger than 0.9 was determined. Under this condition, the difference 
between filmr  and pathr  is within 10% and water-saturated and unsaturated conditions 
have similar “active” surface areas. The combinations of h  and L  were determined 
by searching h  at which pathfilm rr  becomes 0.9 at a given L  (examples are shown 
as diamonds in Fig. 6.4). The results at λ  = 1 and 10 are shown in Fig. 6.5. To use this 
diagram, h  and L  of a rock are required. h  for a given mineral and solution 
composition can be calculated by pored  using Eq. (5.6). As for L , according to the 




researches addressing the size of entrapped gas or oil in glass bead columns and 
sandstones, the majority of the entrapped fluid has lengths of 1–2 grains (Mayer and 
Miller, 1992; Al-Raoush and Willson, 2005; Kumar et al., 2010) although some may 
have lengths of 5–6 grains (Chatzis et al., 1988; Al-Raoush and Willson, 2005). By 
combining these results with the idea for L  as described in section 6.3.1, it seems 
reasonable to estimate that in many types of sediment L  is 1–2 grains in size, and the 
mean grain size can be used as a first approximation. As a guide for estimating the grain 
size, the classification of sedimentary rocks based on the grain size is given in Fig. 6.5. 
When the values of a rock of interest is plotted in the h - L  diagram, if the line of a 
mineral is located above the plot of the rock, the dissolution rate in the flow paths and in 
the film are almost equal (the dissolution rate is not controlled by the flushing of solute 
in the water film, and the reactive surface area is not affected by water saturation). In 
contrast, if the line of a mineral is located below the plot, the dissolution rate of the 
mineral in the film is slower than that in the flow paths. For quartz, the line is located 
above the data of our Fontainebleau sandstone sample (area with dotted line in Fig. 
6.5b), and this is consistent with the experimental results. 
Although the above reactive-transport model assumes that flow occurs 
homogeneously, for rocks this assumption is not satisfied, L  may be longer than the 
grain size due to the occurrence of preferential flow. There are many other factors that 
may affect the calculation. For example, the dissolution of minerals was assumed to be 
congruent, but many silicates are known to dissolve incongruently (e.g., Brantley, 2008). 
The thickness of the water film was determined based on the disjoining pressure that is 
related to the diffuse double layer. The major species of dissolved Si at neutral pH is 
electrically neutral Si(OH)4 (Sjöberg, 1996), and as long as dissolved Si alone is 
considered, its effect on film thickness may be relatively small. However, when cation 
and anion concentrations are high, their effect on film thickness may not be negligible. 
In such cases, it may be better to employ the equation proposed by Gregory (1975) to 
calculate the electrical component of disjoining pressure. We used the self-diffusion 
coefficient of Si in bulk water for calculating diffusional transport in water film. 
Molecular dynamics simulations have proposed that the self-diffusion coefficients of 
water and ions in proximity to the mineral-water interface (at distances of up to 2.0–2.5 
nm from the solid surface) are different from those in bulk water for orthoclase (Kerisit 
and Liu, 2009), muscovite (Sakuma and Kawamura, 2011) and smectite (Bourg and 
Sposito, 2011). According to Kerisit and Liu (2009), the diffusion coefficient of water in 
a 5 nm width pore is ~80% of that of bulk water. In the case of Fontainebleau sandstone, 
the change in the diffusion coefficient may be much smaller because the film is thicker 




(7–18 nm) and the solid surface is present only on one side of the water film. This 
extent of change has an insignificant effect on our results, but such effects may not be 
negligible when the film is much thinner. Although these factors need to be considered 
in future works, the model presented in the present study provides a basic concept for 




Table 6.2. Dissolution rate constants and equilibrium Si concentrations of minerals at 
25°C and pH = 5. 




    (mol m−2 s−1) (mol kg−1) 
Quartz SiO2 → SiO2(aq) −13.1c 9.9 × 10−5 
Muscovite KAl3Si3O10(OH)2 + 10H
+ → K+ + 3Al3+ + 3SiO2(aq) + 6H2O −12.5d 9.7 × 10−6 
Albite NaAlSi3O8 + 4H
+ → Na+ + 3SiO2(aq) + Al3+ + 2H2O −11.9e 1.0 × 10−3 
K-feldsparf KAlSi3O8 + 4H
+ → K+ + Al3+ + 3SiO2(aq) + 2H2O −11.8g 2.6 × 10−4 
Anorthite CaAl2Si2O8 + 8H
+ → Ca2+ + 2Al3+ + 2SiO2(aq) + 4H2O −11.3h 3.0 × 10−3 
Diopside CaMgSi2O6 + 4H
+ → Ca2+ + Mg2+ + 2SiO2(aq) + 2H2O −10.7i 1.1 
Forsterite Mg2SiO4 + 4H
+ → 2Mg2+ + SiO2(aq) + 2H2O −8.5i 2.7 
Kaolinite Al2Si2O5(OH)4 + 6H
+ → 2Al3+ + 2SiO2(aq) + 5H2O −12.3j 1.5 × 10−6 
a Release rate of Si. 
b Equilibrium concentration of Si calculated using PHREEQC (Parkhurst and Appelo, 1990) 
with the minteq database. 
c Bennett et al. (1988). 
d Lin and Clemency (1981a) and Nagy (1995). 
e Knauss and Wolery (1986). 
f Assumed as microcline. 
g Busenberg and Clemency (1976). 
h Amrhein and Suarez (1992). 
i Golubev et al. (2005). 
j Carroll-Webb and Walther (1988). 
 
 





Fig. 6.4. filmr / pathr  of quartz (a), K-feldspar (b), and kaolinite (c) at L  = 100 and 1000 





Fig. 6.5. Relationship between wetting film thickness and diffusion length to satisfy filmr  
= 0.9 pathr , equivalent to the condition at which the dissolution rate of the mineral in water 
film is little-retarded by the transport of solutes in the film. In this case, the active surface 
area under water-unsaturated conditions is similar to that under saturated condition. The 
lines were obtained from Eq. (6.12) using values in Table 2 for λ  = 1 (a) and 10 (b). A 




temperature of 25°C and a pH of 5 are assumed. If the line of a mineral is located above 
the plot of the rock of interest, the difference of the dissolution rates of the mineral in 




We constructed a model of reactive-transport in water film for quantitatively 
understanding the dissolution behavior under water-unsaturated conditions. The model 
shows that the solute concentration as well as the dissolution rate of the mineral wetted 
by water film is a function of the film thickness, diffusion length, far-from equilibrium 
dissolution rate, equilibrium concentration, and roughness factor. The model calculation 
for the case of Fontainebleau sandstone consisting of ~100% quartz under a uniform 
flow condition revealed that the efficiency of flushing by diffusion was high enough to 
keep low Si concentration in water film and as a result the dissolution rate in the film is 
only slightly limited by flushing, which is consistent with the results of the 
flow-through dissolution experiment. By applying the model to rocks with a variety of 
mineral compositions, grain sizes, and pore diameters, a diagram to assess whether the 
reactive surface area and the dissolution rate of the mineral change with water saturation 
was obtained. Although the diagram as well as the model successfully predicted the 
dissolution behavior of Fontainebleau sandstone, there are many factors potentially 
affecting the model parameters, including flow heterogeneity, diffusivity of ions in thin 
water film, and incongruent dissolution behavior of minerals. The experimental and 
theoretical evaluations of their effects would contribute to the better understanding and 
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